Paleoceanography
RESEARCH ARTICLE
10.1002/2016PA003024
Key Points:
• Oceanic 𝛿 13 C model/data
comparison suggests weaker and
shallower North Atlantic Deep Water
at the LGM compared to the Holocene
• 𝛿 13 C and ventilation ages model/data
comparison further suggests very
weak Antarctic Bottom Water (AABW)
transport at the LGM
• A poorly ventilated ocean at the LGM
would contribute to enhanced deep
ocean carbon storage and particularly
respired carbon

Supporting Information:
• Supporting Information S1

source: https://doi.org/10.7892/boris.100806 | downloaded: 9.1.2023

Correspondence to:
L. Menviel,
l.menviel@unsw.edu.au

Citation:
Menviel, L., J. Yu, F. Joos, A. Mouchet,
K. J. Meissner, and M. H. England
(2017), Poorly ventilated deep ocean
at the Last Glacial Maximum inferred
from carbon isotopes: A data-model
comparison study, Paleoceanography,
32, 2–17, doi:10.1002/2016PA003024.

Received 23 AUG 2016
Accepted 8 NOV 2016
Accepted article online 16 NOV 2016
Published online 4 JAN 2017

Poorly ventilated deep ocean at the Last Glacial Maximum
inferred from carbon isotopes: A data-model
comparison study
L. Menviel1,2

, J. Yu3

, F. Joos4

, A. Mouchet5,6,7

, K. J. Meissner1,2

, and M. H. England1,2

1 Climate Change Research Centre, University of New South Wales, Sydney, New South Wales, Australia, 2 ARC Centre of

Excellence for Climate System Science, Sydney, New South Wales, Australia, 3 Research School of Earth Sciences, Australian
National University, Canberra, ACT, Australia, 4 Climate and Environmental Physics, Physics Institute and Oeschger Centre
for Climate Change Research, University of Bern, Bern, Switzerland, 5 Astrophysics, Geophysics and Oceanography
Department, Université de Liège, Liège, Belgium, 6 Laboratoire des Sciences du Climat et de l’Environnement,
IPSL-CEA-CNRS-UVSQ, Gif-sur-Yvette, France, 7 Now at Max-Planck Institute for Meteorology, Hamburg, Germany

Abstract

Atmospheric CO2 was ∼90 ppmv lower at the Last Glacial Maximum (LGM) compared to the
late Holocene, but the mechanisms responsible for this change remain elusive. Here we employ a carbon
isotope-enabled Earth System Model to investigate the role of ocean circulation in setting the LGM oceanic
𝛿 13 C distribution, thereby improving our understanding of glacial/interglacial atmospheric CO2 variations.
We ﬁnd that the mean ocean 𝛿 13 C change can be explained by a 378 ± 88 Gt C (2𝜎 ) smaller LGM terrestrial
carbon reservoir compared to the Holocene. Critically, in this model, diﬀerences in the oceanic 𝛿 13 C spatial
pattern can only be reconciled with a LGM ocean circulation state characterized by a weak (10–15 Sv)
and relatively shallow (2000–2500 m) North Atlantic Deep Water cell, reduced Antarctic Bottom Water
transport (≤10 Sv globally integrated), and relatively weak (6–8 Sv) and shallow (1000–1500 m) North
Paciﬁc Intermediate Water formation. This oceanic circulation state is corroborated by results from the
isotope-enabled Bern3D ocean model and further conﬁrmed by high LGM ventilation ages in the deep
ocean, particularly in the deep South Atlantic and South Paciﬁc. This suggests a poorly ventilated glacial
deep ocean which would have facilitated the sequestration of carbon lost from the terrestrial biosphere
and atmosphere.

1. Introduction
The global oceanic circulation, mainly deﬁned by the formation of two deep water masses, North Atlantic
Deep Water (NADW) and Antarctic Bottom Water (AABW), plays a signiﬁcant role in setting Earth’s climate
through transport of heat. In addition, the interplay between oceanic circulation and biological processes
sets the vertical and horizontal gradients of nutrient and carbon concentrations, which ultimately control the
atmospheric CO2 content and thus global climate. A sound understanding of the oceanic circulation at the
LGM is necessary to constrain past climate change and carbon cycle.
A range of proxy reconstructions have been used to understand Atlantic oceanic circulation changes between
the LGM and Holocene. It has been proposed that NADW was weaker but reached down to ∼3600 m during
the LGM, based on eastern Atlantic benthic foraminiferal 𝛿 13 C [Sarnthein et al., 1994]. By contrast, western
Atlantic benthic 𝛿 13 C [Curry and Oppo, 2005] and North Atlantic 231 Pa/230 Th records [Gherardi et al., 2009] suggested that glacial NADW was shallower but probably as strong as today. A shoaled boundary between glacial
NADW and AABW was also inferred from deep water nutrient and carbonate ion reconstructions as well as
benthic foraminiferal 𝛿 18 O records [Lynch-Stieglitz et al., 1999; Marchitto and Broecker, 2006; Yu et al., 2008].
A statistical reanalysis of benthic 𝛿 13 C, Cd/Ca, and 𝛿 18 O, however, suggested similar volumetric extents of
glacial and present-day NADW [Gebbie, 2014]. This is in contrast with most model-data comparisons, which
suggest a shallower and weaker NADW at the LGM [Tagliabue et al., 2009; Hesse et al., 2011; Menviel et al., 2012].
Moreover, changes in glacial AABW remain uncertain, with either weaker [Tagliabue et al., 2009] or stronger
LGM AABW transport [Hesse et al., 2011], inferred from modeling studies.
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Table 1. Main Characteristics of LGM Experimentsa

a Δ C indicates the diﬀerence between the late Holocene and LGM terrestrial carbon stock (Gt C) for all the experT
iments performed and calculated following equation (3). The mean Δ CT and standard deviation (1𝜎 ) for each set
of experiments (V1–V4) is also shown. The relative formation rates of NADW and AABW are indicated as follows: for
NADW, S = strong (≥20 Sv), I = intermediate (15–20 Sv), W = weak (10–15 Sv), or Oﬀ = shutdown (2–3 Sv); for the AABW
transport in the Indo-Paciﬁc basin, S = strong (10–16 Sv), I = intermediate (8–10 Sv), and W = weak (≤7 Sv) (Table S1).
All symbols are ﬁlled except experiments in which export production (SO XP) was enhanced by 9% over the Southern
Ocean (56∘ –36∘ S) compared to the preindustrial control run.

of the two major water masses are usually inversely related: weaker and shallower NADW is associated with
stronger AABW occupying a larger volume of the Atlantic basin. Furthermore, strong North Atlantic surface
wind curl, caused by topography changes associated with the existence of a large Laurentide ice sheet [Ullman
et al., 2014; Gong et al., 2015] or higher ocean mixing rates at low sea level [Wunsch, 2003], would enhance
NADW formation during the LGM. Therefore, the respective strengths of glacial NADW and AABW remain
poorly constrained and a topic of ongoing debate.
Here we use the isotope-enabled LOVECLIM model, the latest benthic foraminiferal 𝛿 13 C compilation [Peterson
et al., 2014], and reconstructed ventilation ages to infer the LGM oceanic circulation state and associated carbon cycle changes (Table 1). Results are further corroborated by the LGM results of a full interglacial/glacial
simulation performed with the Bern3D Earth System Model of Intermediate Complexity.

2. Methods
2.1. Carbon Isotope-Enabled Earth System Model
The Earth system model LOVECLIM, used in this study, consists of a free-surface primitive equation ocean
model (3∘ x3∘ , 20 depth layers), a dynamic-thermodynamic sea ice model, a spectral T21 three-level atmospheric model based on quasi-geostrophic equations of motion, and a land surface scheme [Goosse et al.,
2010]. LOVECLIM includes a dynamic global vegetation model (VECODE) [Brovkin et al., 1997] and a marine carbon cycle model (LOCH) [Mouchet, 2011], both of which incorporate carbon isotopes (13 C and 14 C) [Mouchet,
2013; Menviel et al., 2015]. Kinetic [Siegenthaler and Munnich, 1981] and equilibrium isotopic fractionations [Mook et al., 1974] occur during air-sea carbon exchange. Carbon fractionation occurs during marine
MENVIEL ET AL.
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photosynthesis [Freeman and Hayes, 1992] but not during CaCO3 precipitation. LOVECLIM simulates today’s
oceanic 𝛿 13 C distribution in good agreement with observations [Menviel et al., 2015].
2.2. Experimental Design
As the LGM was probably not an equilibrium state, we decided to equilibrate the model under 35 ka B.P.
boundary conditions and then run the model transiently to 20 ka B.P., thus giving the model time to adjust.
LOVECLIM was thus ﬁrst equilibrated under 35 ka B.P. boundary conditions for a duration of 10,000 years with
appropriate orbital parameters, Northern Hemispheric ice sheet topography and albedo [Abe-Ouchi et al.,
2007], an atmospheric CO2 content of 190 ppmv, a 𝛿 13 CO2 of −6.46‰, and Δ14 CO2 of 393‰. However, by
forcing the model with a lower atmospheric CO2 content, the ocean equilibrates with the atmosphere and
thus loses carbon, in contrast to the inferences of a higher glacial oceanic carbon reservoir. We corrected for
this by changing the riverine ﬂux of dissolved inorganic carbon (DIC) and alkalinity. For tracer conservation,
biogeochemical tracers loss due to sedimentation is compensated by an equivalent riverine input [Mouchet
and Francois, 1996]. During the abrupt transition to 35 ka B.P. conditions and the ﬁrst 2000 years of the subsequent equilibration, the riverine input of biogeochemical tracers were imposed. This riverine ﬂux followed the
values diagnosed from the preindustrial control run, but the ﬂux of DIC and alkalinity were equally increased
in order to obtain an equilibrium with a low atmospheric CO2 content and a high oceanic DIC concentration.
After this initial 2000 year long phase, the riverine input compensates for the biogeochemical tracers loss due
to sedimentation. As a result, at 20 ka B.P., the alkalinity and DIC concentrations are respectively 123 μmol/L
and 96 μmol/L higher than in the preindustrial control run. Higher alkalinity content in the ocean at the LGM
could be due to the ∼120 m lower sea level and associated mean salinity increase, as well as increased carbonate weathering on exposed carbonate shelves [Munhoven, 2002; Vance et al., 2009] and a temporary carbonate
burial reduction.
During the equilibration time, the ﬂux of Δ14 C from the atmosphere to the ocean was diagnosed to estimate
the atmospheric Δ14 C production rate. After the equilibration, the atmospheric Δ14 C production rate was set
to 2.05 atoms/cm2 /s, a value consistent with present-day and Holocene Δ14 C production rate estimates of
1.64 to 1.88 atoms/cm2 /s [Kovaltsov et al., 2012; Roth and Joos, 2013], a relatively high LGM Δ14 CO2 and uncertainties in the strength of the solar and Earth’s magnetic ﬁeld in the past. The fully coupled model was then
run transiently from 35 to 20 ka B.P. forced with changes in orbital parameters as well as ice sheet topography
and albedo but with prognostic atmospheric CO2 , 𝛿 13 CO2 , and Δ14 CO2 .
Since the terrestrial biosphere is depleted in 13 C, marine 𝛿 13 C anomalies can be used to reconstruct the terrestrial carbon content. Estimates range from a 330 to 700 Gt C reduction in land carbon during the LGM compared to the late Holocene [Shackleton, 1977; Duplessy et al., 1988; Bird et al., 1994; Ciais et al., 2012; Peterson
et al., 2014]. Despite this smaller glacial terrestrial carbon reservoir, the LGM 𝛿 13 CO2 (−6.46‰) was similar
to the preindustrial value (−6.36‰) [Schmitt et al., 2012]. To simulate the impact of depleted 13 C terrestrial
carbon release during the glaciation, at 25 ka B.P., the model is forced with low atmospheric 𝛿 13 CO2 values
(𝛿 13 CO2 = −8‰, −9‰, and −10‰ for, respectively, V2, V3, and V4) for 100 years, after which atmospheric
𝛿 13 CO2 is computed prognostically and recovers to a steady state value (Figure 1). A better methodology
would have been to force the model with ﬂuxes of low terrestrial 𝛿 13 C over the ∼100,000 years course of
the glaciation, as done in Menviel et al. [2012], however this is not feasible with a computationally expensive
three-dimensional coupled model.
Twenty-eight LGM experiments were performed with various oceanic circulation states and changes in terrestrial carbon reservoir (Tables 1 and S1). In the experiments, NADW formation was weakened by adding
freshwater into the North Atlantic (from 0.05 • to 0.1 Sv +). AABW formation was varied by altering freshwater ﬂuxes (−0.05 Sv and −0.15 Sv △, 0.05 Sv and 0.1 Sv ▽) into the Southern Ocean, by weakening the
Southern Hemispheric Westerlies by 20% (◊), or both (⋆). The eﬀect of iron fertilization was simulated by
enhancing export production in the Southern Ocean between 56∘ S and 36∘ S (∘). This was done by increasing
the phytoplankton growth rate, through a 40% decrease of the light half-saturation constant.
2.3. Terrestrial Carbon Changes
The equivalent change in terrestrial carbon for the 28 LGM experiments is calculated based on equilibrium
atmospheric and oceanic carbon reservoirs and their isotopic signatures (Table 1). Neglecting the dilution of
MENVIEL ET AL.
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Figure 1. Simulated (colors) Δ𝛿 13 C in the LGM experiments and compared to (black) oceanic Δ𝛿 13 C [Peterson et al., 2014] and atmospheric 𝛿 13 CO2 [Schmitt
et al., 2012]. (a) Probability density functions (PDF); (b) correlation versus root-mean-square deviation; (c) volume-weighted mean of the whole ocean versus
atmospheric 𝛿 13 CO2 ; (d) volume-weighted mean Atlantic (55∘ S–77∘ N) versus Indian Ocean (55∘ S–25∘ N), (e) North Paciﬁc (0∘ S–65∘ N) versus South Paciﬁc
(66∘ S–0∘ ) at 0.5–5 km water depth. In Figure 1a, the thick magenta and red lines represent experiments with very weak AABW (V3LNAwSOwSHWw and
V4LNAwSOwSHWw , Table 1), and the grey bars show benthic foraminiferal Δ𝛿 13 C [Peterson et al., 2014]. The color bands represent the PDF range in each
group of simulations (V1–V4), without taking into account the experiments in which NADW is oﬀ (Text S3). In Figures 1c–1e, the ﬁlled orange represents an
experiment performed with the Bern3D model, featuring a 340 Gt C smaller LGM terrestrial carbon stock (Text S1). Circles of radius 0.08 and 0.16‰ (1 and 2𝜎 )
are shown around the paleoproxy reconstructions. Empty symbols represent LOVECLIM experiments in which Southern Ocean export production was enhanced
by 9% compared to the preindustrial control run.

an isotopic perturbation within reactive ocean sediments as well as potential changes in the weathering and
burial ﬂuxes, the conservation equation of globally integrated 13 C can be written as follows:
∫ ∫ ∫
=

𝛿 13 CLA .CLA dV +

∫ ∫ ∫

∫ ∫ ∫

𝛿 13 CPA .CPA dV +

𝛿 13 CLO .CLO dV +

∫ ∫ ∫

∫ ∫

𝛿 13 CPO .CPO dV +

𝛿 13 CLT .CLT dA

(1)
∫ ∫

𝛿 13 CPT .CPT dA

where ∫ ∫ ∫ dV and ∫ ∫ dA are, respectively, the volume and aerial integral of the 𝛿 13 CXY value (‰) and CXY
carbon content (Gt C) of each carbon reservoir Y (A, O, and T for atmosphere, ocean, and land, respectively)
at time X . The 𝛿 13 CXY and CXY are diagnosed in each experiment for the LGM (L) as well as for the preindustrial control run (P) and each grid cell of the ocean (O). We assume that the atmosphere is well mixed with
a homogeneous 𝛿 13 CO2 value. Total preindustrial atmospheric carbon content (CPA , Gt C) and mean 𝛿 13 CO2
(𝛿 13 CPA , ‰) values are diagnosed from the preindustrial control run. Total LGM atmospheric carbon content
(CLA , Gt C) and mean 𝛿 13 CO2 (𝛿 13 CLA , ‰) values are taken from each LGM experiment (Table S1). For the terrestrial biosphere, we consider the total simulated preindustrial carbon content and mean carbon-weighted
𝛿 13 C values (𝛿 13 CPT , 𝛿 13 CLT ). Equation (2) can then be rewritten as
𝛿 13 CPT .CPT − 𝛿 13 CLT .CLT = 𝛿 13 CLA .CLA +

MENVIEL ET AL.

LGM 𝛿 13 C

∫ ∫ ∫

𝛿 13 CLO .CLO dV − 𝛿 13 CPA .CPA −

∫ ∫ ∫
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The terrestrial carbon uptake from LGM to preindustrial times (ΔCT = CPT − CLT , Gt C) is then calculated
as follows:
(
)
𝛿 13 CLA .CLA − 𝛿 13 CPA .CPA + ∫ ∫ ∫ 𝛿 13 CLO .CLO dV − ∫ ∫ ∫ 𝛿 13 CPO .CPO dV + CPT . 𝛿 13 CLT − 𝛿 13 CPT
ΔCT =
(3)
𝛿 13 CLT
The simulated total preindustrial terrestrial carbon reservoir (CPT ) is estimated at 2050 Gt C, and the
carbon-weighted mean 𝛿 13 C value (𝛿 13 CPT ) is taken at −24.3‰. However, since there is some uncertainty associated with the total preindustrial carbon reservoir, we also consider a value of 2370 Gt C [Köhler and Fischer,
2004; Ciais et al., 2012].
It has been suggested that the contribution of C4 plants relative to C3 plants was greater at the LGM, due to
the low atmospheric CO2 concentration. Since the 𝛿 13 C signature of C4 plants is higher than that of C3 plants,
the LGM mean terrestrial 𝛿 13 C value (𝛿 13 CLT ) was probably higher than the preindustrial one [Francois et al.,
1999]. Experiments performed with the Lund-Postdam-Jena Dynamic Global Vegetation Model (LPJ-DGVM)
forced with LGM climatic boundary conditions derived from coupled general circulation models (Hadley Centre Uniﬁed Model and NCAR CSM 1.4) [Joos et al., 2004] as well as PMIP-2 coupled general circulation models
[Ciais et al., 2012] suggest that 𝛿 13 CT was ∼1‰ higher at the LGM than during preindustrial times. We will thus
take as best guess scenario 𝛿 13 CLT = −23.3‰ but will also consider 𝛿 13 CLT = −24‰ and −22.8‰ [Francois
et al., 1999; Ciais et al., 2012] to quantify uncertainties in our calculations.
Since two CPT values (2050 and 2370 Gt C) and three 𝛿 13 CLT values (−22.8‰, −23.3‰, and −24‰) are taken
into account, six ΔCT values are calculated for each LGM experiments. The mean ΔCT values for each experiment are shown in Table 1 as well as the standard deviations of each group (V1–V4), which is similar to the
standard deviation of each experiment for that group.
2.4. Statistical Analysis
The latest compilation of epibenthic foraminiferal 𝛿 13 C (Cibicidoides wuellerstorﬁ and related genera) is used in
this study [Peterson et al., 2014]. The compilation includes LGM and late Holocene 𝛿 13 C data from the Atlantic
(Na = 246), Paciﬁc (Np = 82) and Indian (Ni = 37) Oceans. The 𝛿 13 C anomalies (Δ𝛿 13 C) are deﬁned as LGM values
compared to the preindustrial control experiment for the model and the late Holocene values for the proxy
data. In Figures 1a and 1b, paleoproxy data [Peterson et al., 2014] are linearly interpolated onto the model grid
(N = 271) and the simulated Δ𝛿 13 C is resampled at each paleoproxy location. The probability density functions
(PDF) of the 𝛿 13 C changes are computed for the proxy data and
√ for the individual model simulations. The
∑ (mi −di )2
Pearson correlation and the root-mean-square error (RMSE =
) between the modeled and proxy
N
Δ𝛿 13 C are computed for each model run to explore the overall ﬁt and the agreement between the proxy and
simulated Δ𝛿 13 C patterns. The parameters di and mi , respectively, represent LGM Δ𝛿 13 C from the paleoproxy
compilation [Peterson et al., 2014] and as simulated by the model taken at the same locations.
To further evaluate the impact of the amount of depleted terrestrial carbon release during glaciation on
oceanic 𝛿 13 C, we calculate the volume-weighted means over ocean depths of 0.5–5 km, of the simulated LGM 𝛿 13 C anomalies over the whole ocean, the Atlantic (55∘ S–77∘ N), Indian (55∘ S–25∘ N), and North
(0∘ S–65∘ N) and South Paciﬁc (66∘ S–0∘ ) and compare these with the estimates obtained from benthic 𝛿 13 C
[Peterson et al., 2014].
2.5. Ventilation Ages
Simulated ventilation ages in the Atlantic and Paciﬁc Oceans are compared to available LGM ventilation ages
estimates (Tables S2 and S3). Simulated ventilation ages are deﬁned as benthic-atmosphere age diﬀerences
14 R
[Skinner et al., 2010; Cook and Keigwin, 2015], 𝜏 = 𝜆1 .ln( 14 Ratm ), where the decay constant 𝜆 = 1∕8223 yr−1
oc

(half-life of 5700 ± 30 years) [Bé et al., 2013] and 14 Ratm and 14 Roc represent the simulated LGM 14 C/12 C for the
atmosphere and ocean, respectively [Ritz et al., 2008].

3. Results
3.1. LGM to Late Holocene Change in Terrestrial Carbon Stock
Before exploring ocean circulation changes, it is necessary to consider the global mean ocean 𝛿 13 C change
between the LGM and the late Holocene (Δ𝛿 13 C). The amount of carbon released from the low-𝛿 13 C terrestrial biosphere during the glaciation controls the means of the probability density functions and the
MENVIEL ET AL.
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volume-weighted Δ𝛿 13 C (Figure 1): the smaller the LGM terrestrial carbon reservoir the lower oceanic Δ𝛿 13 C.
However, regional changes in oceanic 𝛿 13 C represent a combination of mean oceanic change due to variations in the terrestrial carbon reservoir as well as changes in oceanic circulation, air-sea exchange, and export
production. With constraints on the latter, which will be discussed in the following sections and are reﬂected
in the correlation between model and proxy, regional changes in oceanic 𝛿 13 C can thus also inform on the
mean change in terrestrial carbon, although we do acknowledge that the uncertainties are relatively large.
Simulations with an equivalent terrestrial carbon change of 205 Gt C or less (green and blue) underestimate
the mean oceanic Δ𝛿 13 C, while those with a change of ∼570 Gt C (magenta) signiﬁcantly overestimate Δ𝛿 13 C
in the Paciﬁc (Figures 1 and S4). Globally, mean simulated Δ𝛿 13 C match the proxy data the best for experiments
with an average terrestrial carbon change of 351 Gt C (Figure 1 red symbols and Table 1), with our best simulation (V3LNAwSOwSHWw ) displaying a whole ocean mean 𝛿 13 C change of −0.34‰. If only considering
the simulations that yield a signiﬁcant correlation with the benthic 𝛿 13 C data (Figure 1b), the best model-data
agreement is obtained for experiments with a terrestrial carbon change ranging from 346 to 426 Gt C. We thus
estimate that the LGM terrestrial carbon reservoir was 378 Gt C smaller than during the late Holocene (Text S2).
Based on the two estimates of preindustrial total land carbon content and the three mean LGM 𝛿 13 CLT , we
estimate a one standard deviation (1𝜎 ) uncertainty of 44 Gt C for the LGM-Holocene land carbon change.
This result is further conﬁrmed by an experiment performed with the Bern3D Earth System Model, which
features a 340 Gt C reduced LGM terrestrial carbon reservoir ( , Text S1) and ﬁts well with the proxy data
(Figures 1 and S1).
3.2. North Atlantic Deep Water Formation at the LGM
Next, we attribute the spatial pattern in oceanic Δ𝛿 13 C to diﬀerences in ocean circulation between the LGM
and the late Holocene. We use model-data correlation and RMSE to evaluate the match between simulations
and proxy records. Paleoproxy data show a wide spread of Δ𝛿 13 C ranging from −1.85‰ to 0.6‰ (Figure 1a).
Such a wide range of anomalies is expected under weak oceanic circulation, whereas a strong oceanic circulation leads to a well-mixed ocean with a narrow 𝛿 13 C range (Figure S2). As such, NADW cessation leads to a
wide spread of 𝛿 13 C anomalies but negative correlations and high RMSE (Figure 1). In particular, cessation of
NADW formation leads to large negative Δ𝛿 13 C (∼−1‰) in the whole North Atlantic (Figure 2b), inconsistent
with positive Δ𝛿 13 C reconstructions for the intermediate North Atlantic (≤2000 m water depth). Negative correlations and high RMSE are also obtained for simulations in which NADW is strong. Strong NADW formation
(Figure2a) causes negative Δ𝛿 13 C at intermediate depths of the North Atlantic and little change in the entire
deep Atlantic, in disagreement with paleoproxy records. The negative Δ𝛿 13 C, associated with relatively high
PO4 concentrations (Figure 3) and high respired carbon content (Figure 4a) at intermediate depth in the North
Atlantic, is due to (i) the relatively higher export production in the North Atlantic when NADW is strong, (ii) the
strong ventilation, and associated NADW return ﬂow, which advects very low 𝛿 13 C, high PO4 , high respired
carbon intermediate waters from the equatorial to the North Atlantic. Furthermore, strong ventilation also
brings nutrient-rich, 13 C-depleted deep water to the surface. This 𝛿 13 C anomaly pattern in the North Atlantic
is consistent across all the experiments featuring strong NADW (i.e., V1L, V2L, V3L, and V3LSOs, Figure S3).
When deep water formation weakens in the North Atlantic in our simulations, the NADW-AABW boundary shoals to ∼2600 m compared to the preindustrial boundary of ∼3300 m. Only a weakened and shoaled
NADW cell leads to positive Δ𝛿 13 C above ∼2000 m depth and negative anomalies below in the North Atlantic
(Figures 2c–2e). This positive North Atlantic Δ𝛿 13 C is due to (i) increased fractionation between the atmosphere and surface ocean as a result of colder conditions, (ii) increased residence time at the surface of the
ocean, and (iii) weaker advection of high-nutrient, low-𝛿 13 C intermediate depth waters from the equatorial to
the North Atlantic (Figure 3) [Menviel et al., 2015]. This also results in a relatively low respired carbon content
in the upper 1000 m of the North Atlantic (Figure 4d).
In agreement with the 𝛿 13 C model-data comparison, a shallower NADW improves the agreement between
simulated and reconstructed ventilation ages in the Atlantic basin (Figure 5). Indeed, strong NADW formation
leads to low ventilation ages in the deep Atlantic, in contrast with paleoreconstructions, which suggest a
signiﬁcantly reduced ventilation below ∼2500 m in the North Atlantic [Keigwin and Schlegel, 2002; Keigwin,
2004; Thornalley et al., 2011; Skinner et al., 2014; Freeman et al., 2016]. In addition, while the paleodata suggest
a well-ventilated intermediate-depth water mass [Freeman et al., 2016], a shutdown of NADW formation leads
to high ventilation ages in the intermediate North Atlantic.
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Figure 2. Meridional distributions of Δ𝛿 13 C (‰) for simulations with (a) strong NADW (V3L ), (b) NADW Oﬀ (V3LNAoﬀ ),
(c) strong AABW (V3LNAwSOs ), (d) weak NADW (V3LNAw ), (e) weak NADW and AABW (V3LNAwSOw ), and
(f ) weak NADW and very weak AABW obtained through both buoyancy forcing and 20% reduced Southern Hemispheric
westerlies (V3LNAwSOwSHWw ) compared to (g) the benthic 𝛿 13 C anomalies compilation [Peterson et al., 2014] for
(left column) the Atlantic and (right column) Paciﬁc basins. Overlaid is the meridional overturning stream function (Sv).
The LGM terrestrial carbon stock is 313 to 426 Gt C lower in these experiments.
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Figure 3. Phosphate content (μmol/L) zonally averaged over the Atlantic for LGM simulations with (a) strong NADW
(V3L ), (b) NADW Oﬀ (V3LNAoﬀ ), (c) strong AABW (V3LNAwSOs ) (d) weak NADW (V3LNAw ), (e) weak NADW and
enhanced Southern Ocean export production (V3LNAwGR ), and (f ) weak NADW and very weak AABW obtained
through both buoyancy forcing and 20% reduced Southern Hemispheric westerlies (V3LNAwSOwSHWw ).
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Figure 4. Respired carbon content anomalies (μmol/L, Csoft = RC∕P *PO4Rem ) for LGM simulations compared to the
preindustrial control run zonally averaged over (left column) the Atlantic and the (right column) the Paciﬁc. LGM
simulations with (a) strong NADW (V3L ), (b) NADW Oﬀ (V3LNAoﬀ ), (c) strong AABW (V3LNAwSOs ), (d) weak
NADW (V3LNAw ), (e) weak NADW and weak AABW (V3LNAwSOw ), and (f ) weak NADW and very weak AABW
obtained through both buoyancy forcing and 20% reduced Southern Hemispheric westerlies (V3LNAwSOwSHWw ).
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Figure 5. Ventilation age (years) for LGM simulations with (a) strong NADW (V3L ), (b) NADW Oﬀ (V3LNAoﬀ ),
(c) strong AABW (V3LNAwSOs ), (d) weak NADW (V3LNAw ), (e) weak NADW and AABW (V3LNAwSOw ), and
(f ) weak NADW and very weak AABW obtained through both buoyancy forcing and 20% reduced Southern Hemispheric
westerlies (V3LNAwSOwSHWw ) compared to ventilation ages derived from paleoproxy records (Tables S2 and S3
[Sikes et al., 2000; De Pol-Holz et al., 2010; Okazaki et al., 2010; Rose et al., 2010; Thornalley et al., 2011; Burke and Robinson,
2012; Sarnthein et al., 2013; Siani et al., 2013; Davies-Walczak et al., 2014; Rae et al., 2014; Skinner et al., 2014; Freeman
et al., 2015; Lund et al., 2015; Skinner et al., 2015; Freeman et al., 2016; Ronge et al., 2016; Weldeab et al., 2016]).
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Figure 6. Best ﬁt between simulated and proxy LGM 𝛿 13 C. 𝛿 13 C (‰) zonally averaged over (a) the Atlantic and (b) Paciﬁc oceans as well as (c) in the deepest
ocean layer for a simulation with weak NADW, very weak AABW, and a 426 Gt C lower LGM terrestrial carbon content (V3LNAwSOwSHWw ). Symbols represent
paleoproxy records [Peterson et al., 2014].

3.3. Antarctic Bottom Water Formation at the LGM
As seen in Figure 1b, negative correlations between simulated and benthic Δ𝛿 13 C are also obtained for experiments with strong AABW (SOs, △). Strong AABW leads to positive 𝛿 13 C anomalies in the deep Southern
and Paciﬁc Oceans while inducing negative 𝛿 13 C anomalies in the North Atlantic at intermediate depths
[Menviel et al., 2015]. Positive Δ𝛿 13 C in the deep ocean are primarily due to a reduction in respired carbon.
The LGM simulation featuring strong AABW transport and including a 320 Gt C terrestrial carbon change
(V3LNAwSOs ) thus displays less negative Δ𝛿 13 C (Figure 2c) and less respired carbon (Figure 4c) in the deep
ocean than simulations with a weaker AABW transport (e.g., Figures 2e and 4e).
Paleoproxy data suggest that 𝛿 13 C increased in the intermediate North Atlantic and decreased in the deep
Atlantic, particularly south of 20∘ N. As such an increased vertical 𝛿 13 C gradient is also obtained when AABW is
reduced [Menviel et al., 2015]; experiments in which both NADW and AABW are weakened (Figures 2e and 2f )
lead to a better ﬁt with proxy Δ𝛿 13 C. Our simulations further show that the weaker the AABW transport in the
Indo-Paciﬁc basin, the lower Δ𝛿 13 C in the deep Paciﬁc and Indian [Menviel et al., 2015], which aligns well with
the proxy data (Figures 1 and 2 and Table 1). In addition, as the surface ocean 𝛿 13 C rarely reaches equilibrium
with the atmosphere, air-sea gas exchange has a signiﬁcant impact on both oceanic and atmospheric 𝛿 13 C.
Weakening of the Southern Hemispheric Westerlies slows the 𝛿 13 CO2 air-sea exchange, with an eﬀect to raise
atmospheric 𝛿 13 CO2 and decrease oceanic 𝛿 13 C [Menviel et al., 2015]. The best match between simulated and
proxy 𝛿 13 C (R = 0.77) is thus obtained for weak NADW and very weak AABW associated with a 20% reduction
of the Southern Hemispheric westerlies (V3LNAwSOwSHWw in Figures 1, 2f, and 6).
The ﬁt between simulated and reconstructed ventilation ages also improves in both the Atlantic and Paciﬁc
basins with reduced AABW transport (Figures 5e and 5f ). Indeed, reconstructed ventilation ages suggest a
poorly ventilated deep South Atlantic and Paciﬁc [Sikes et al., 2000; Barker et al., 2010; Skinner et al., 2010; Ronge
et al., 2016], which can only be simulated with a weak AABW transport. In the deep Paciﬁc basin, there is,
however, a fairly large spread of LGM ventilation ages (∼1500 years) and sparse data coverage below 3000 m
water depth.
3.4. North Paciﬁc Intermediate Water Formation at the LGM
Data from the North Paciﬁc also places constraints on oceanic circulation changes. North Paciﬁc 𝛿 13 C records
from 1000 to 2000 m water depth display negative Δ𝛿 13 C in agreement with most simulations, except for
experiments in which NADW is shut down (Figure 2). With a closed Bering Strait during the last glacial,
cessation of NADW leads to strong (∼12 Sv) formation of North Paciﬁc Intermediate Water (NPIW) in our
simulations [Matsumoto et al., 2002; Okazaki et al., 2010; Menviel et al., 2011], which results in positive Δ𝛿 13 C
in the intermediate North Paciﬁc. The simulation that leads to the best agreement with paleoproxy records
(V3LNAwSOwSHWw ) features NPIW with a maximum overturning strength of 8 Sv reaching down to ∼1400
m water depth (Figure 6b).
The set of LGM simulations suggest that there should be a steep vertical gradient in ventilation ages at the
depth boundary between NPIW and southern-sourced waters in the North Paciﬁc (Figure 5). LGM simulations featuring cessation of NADW formation (e.g., V3LNAoﬀ ) are associated with relatively strong (∼12 Sv)
NPIW formation reaching down to a water depth of ∼2000 m (Figure 2b). These simulations display a large
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ventilation age gradient at ∼2000 m depth in the North Paciﬁc (Figure 5b), in contrast with estimated ventilation ages from the intermediate North Paciﬁc, which display a large vertical gradient between 1000 and
1500 m water depth. (Figures 5d–5f ).
We therefore conclude that NPIW formation during the LGM was most likely relatively weak (6–8 Sv) and
limited to the upper 1500 m. This indicates limited ventilation of the deep ocean via the North Paciﬁc during
the LGM.
3.5. Iron Fertilization Impact on Oceanic 𝜹13 C
In the LGM experiments the simulated export production decreases south of the current Antarctic Polar Front
in agreement with a compilation of paleoproxy records [Kohfeld et al., 2005] (Figure S6). However, since the
impact of iron fertilization is not included in our simulations, export production also decreases north of the
Antarctic Polar Front, opposite to paleoreconstructions and particularly in the South Atlantic sector. To investigate the potential impact of iron fertilization on oceanic 𝛿 13 C, additional LGM experiments were performed
in which export production was enhanced between 56∘ S and 36∘ S (V3LNAwGR , Table 1). A 30% increase
in Southern Ocean export production, compared to LGM experiments with weaker NADW (V3LNAw ), only
leads to a 0.05‰ 𝛿 13 C decrease in the deep Southern Ocean (Figure S7). The weak impact of iron fertilization
on deep ocean 𝛿 13 C is further conﬁrmed by experiments performed with the Bern3D Earth System model
[Menviel et al., 2012]. Thus, while changes in Southern Ocean nutrient utilization might have played a signiﬁcant role in controlling past atmospheric CO2 , their impact on setting the glacial oceanic 𝛿 13 C distribution was
relatively small [Tagliabue et al., 2009; Bouttes et al., 2011; Menviel et al., 2012; Schmittner and Somes, 2016].

4. Discussion and Conclusions
By reﬁning earlier work [Shackleton, 1977; Duplessy et al., 1988; Bird et al., 1994], recent studies [Ciais et al.,
2012; Peterson et al., 2014] estimate a 330 to 694 Gt C land carbon increase during the last deglaciation. Our
results show that among simulations that display signiﬁcant correlations with the proxy, those with a terrestrial carbon change greater than 500 Gt C between the LGM and the Holocene would either underestimate
the positive 𝛿 13 C anomalies in the intermediate North Atlantic or signiﬁcantly overestimate the negative 𝛿 13 C
anomalies in the deep North Paciﬁc. Our study, based on a consistent three-dimensional and dynamical framework, thus suggests that the LGM terrestrial carbon was 378 ± 88 Gt C (2𝜎 ) lower than during the late Holocene.
Estimates of LGM terrestrial carbon could be reﬁned by better constraining the LGM terrestrial 𝛿 13 C value as
well as deep Paciﬁc 𝛿 13 C. Considering a ∼90 ppmv (1 ppmv∼2.12 Gt C) drop in atmospheric CO2 at the LGM,
the ocean must gain an extra ∼570 Gt C from the change in atmospheric and terrestrial carbon reservoirs.
Very low deep South Atlantic benthic 𝛿 13 C values remained unexplained (Figure 6) but could partially be
aﬀected by the inﬂuence of 13 C-depleted phytodetritus layers [Mackensen et al., 1993]. Previous studies [Spero
et al., 1997; Bemis et al., 2000] have suggested that planktonic foraminiferal 𝛿 13 C might also be inﬂuenced by
the ambient carbonate ion content, calciﬁcation temperature, and physiological processes such as respiration
and symbiont photosynthesis [Spero et al., 1991; Hesse et al., 2014], but little is known about their eﬀects on
benthic foraminiferal 𝛿 13 C. Considering similar global mean deep water carbonate ions content [Yu et al., 2013]
between the LGM and the Holocene and the lack of symbionts associated with Cibicidoides spp., benthic 𝛿 13 C
appears to reliably record deep water signals. Further work is needed to better constrain secondary factors
aﬀecting benthic 𝛿 13 C and reasons responsible for the very low benthic 𝛿 13 C observed in the glacial deep
South Atlantic.
We performed 28 millennial-scale simulations with the LOVECLIM Earth System Model of Intermediate Complexity to explore the inﬂuence of changes in deep water mass formation (rate and volumetric extent) on
the oceanic 𝛿 13 C distribution during the LGM. We ﬁnd that only a reduced deep ocean ventilation is consistent with the reconstructed patterns of Δ𝛿 13 C and ocean ventilation ages. As in any model study, our
results depend on the underlying physics of the model. Even though regional climate responses to changes
in freshwater input and wind stress might be model dependent and our large ensemble of simulations may
still not capture all potential circulation modes under glacial conditions, the major known water masses are
systematically varied in this study, bolstering the robustness of our conclusions. Diﬀerent circulation states
are explored to the extent possible within the physically and biogeochemically self-consistent settings of a
dynamic coupled ocean-atmosphere model. Our ﬁndings are further supported by results obtained with the
Bern3D dynamic ocean model and the published analyses from other paleoproxy records [Lynch-Stieglitz et al.,
1999, 2006; Marchitto and Broecker, 2006; Jaccard et al., 2009; Howe et al., 2016].
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Figure 7. Deep ocean carbon sequestration resulting from a weakened oceanic circulation. Compared to (a) the late Holocene, NADW and AABW formation at
(b) the LGM (V3LNAwSOwSHWw ) were weakened with a shoaling of their boundary. The color shading shows zonal mean dissolved inorganic carbon content
(μmol/L) in the Atlantic. Overlaid contours are the Atlantic (north of 30∘ S) and global (south of 30∘ S) meridional overturning stream function (Sv).

In detail, the spatial distribution of Δ𝛿 13 C as well as ventilation ages suggest that NADW was weaker and
shallower during the LGM, in agreement with previous paleodata-model comparisons [Tagliabue et al., 2009;
Hesse et al., 2011; Menviel et al., 2012; Schmittner and Somes, 2016]. The shift from positive to negative
Δ𝛿 13 C in the North Atlantic occurs at about 2000–2500 m water depth, delineating the boundary between
northern-sourced waters above that depth and southern-sourced waters below. Only simulations in which
NADW weakens and shoals to that water depth display such an anomaly pattern (Figure 2). While the dynamics of our model does not allow us to test the possibility that NADW was at the same time shallower and
stronger at the LGM, we note that the correlation between model and proxy increases as NADW weakens.
Negative Δ𝛿 13 C in the deep North Atlantic are due to reduced ventilation from northern-sourced waters and
associated greater penetration of southern-sourced waters, while positive Δ𝛿 13 C in the intermediate North
Atlantic results from a combination of longer residence time at the surface, greater 13 C fractionation due to
lower SST, and weaker advection of intermediate depth equatorial waters to the North Atlantic [Menviel et al.,
2015]. LGM Cd/Ca in the Atlantic basin further suggests low nutrient content above 2500 m water depth in the
North Atlantic and high nutrient content below [Marchitto and Broecker, 2006], best represented by a weak and
shallow NADW (Figure 3). A weaker and shallower NADW is also necessary, but not suﬃcient, to explain the
relatively good ventilation of North Atlantic intermediate-depth water and poor ventilation of North Atlantic
deep waters (Figure 5) [Freeman et al., 2016].
Greater neodymium isotope (𝜖Nd ) values at the LGM than during the Holocene in the Atlantic below 2500
water depth [Böhm et al., 2015; Howe et al., 2016] further indicate a shallower boundary between NADW and
AABW at the LGM [Friedrich et al., 2014]. Our results, however, contrast with relatively low 231 Pa/230 Th values in
the Atlantic basin at the LGM [Lippold et al., 2012; Böhm et al., 2015], which have been interpreted as indicating
a relatively strong NADW transport. Our results indicate that a LGM state featuring a maximum overturning
stream function greater than ∼19 Sv in the North Atlantic would lead to negative Δ𝛿 13 C in the upper ∼1500
m of the North Atlantic in contrast with benthic 𝛿 13 C data.
In addition, we ﬁnd that weaker AABW, either through buoyancy forcing or reduced intensity of Southern
Hemispheric Westerlies, improves the ﬁt between model and paleoproxy data in all ocean basins. Through
reduced deep ocean ventilation, weaker AABW decreases deep ocean 𝛿 13 C while increasing surface 𝛿 13 C and
atmospheric 𝛿 13 CO2 , thus leading to a steeper oceanic vertical 𝛿 13 C gradient. Weaker AABW transport is consistent with high ventilation ages in the deep South Atlantic and Paciﬁc during the last ice age [Sikes et al.,
2000; Galbraith et al., 2007; Skinner et al., 2010; Sarnthein et al., 2013; Skinner et al., 2015; Ronge et al., 2016]
(Figure 5) as well as higher 𝜖Nd values in the deep Atlantic ocean [Friedrich et al., 2014; Howe et al., 2016].
Furthermore, weaker AABW at the LGM could potentially explain Gebbie [2014]’s results, which suggest a relatively small reduction in the proportion of northern-sourced waters in the glacial Atlantic, although past
Atlantic meridional overturning circulation changes surely require further studies. A weaker AABW formation
rate at the LGM could result from the presence of grounded ice over today’s main AABW formation regions
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such as the Ross and Weddell Seas [Pollard and DeConto, 2009; Golledge et al., 2014]. Weakened or equatorward shifted Southern Hemispheric Westerlies at the LGM [Toggweiler et al., 2006; Menviel et al., 2008; Tschumi
et al., 2011] would also reduce AABW formation and air-sea gas exchange in the Southern Ocean. Our simulations further suggest small oceanic circulation changes in the North Paciﬁc at the LGM compared to the late
Holocene, with a best estimate of a NPIW transport of ∼8 Sv reaching down to 1000–1500 m water depth.
The overall reduced oceanic ventilation at the LGM enhances the eﬃciency of the oceanic biological pump
[Toggweiler, 1999; Sigman and Boyle, 2000; Ito and Follows, 2005; Tschumi et al., 2011; Menviel et al., 2014], by
enhancing the storage of respired carbon in the ocean interior without causing anoxia (Figures 4, S9, and S10).
In our simulations, weakened NADW formation raises deep ocean (≥2600 m depth) carbon storage by 216
Gt C, or by 504 Gt C for a concomitant AABW weakening (Figures 7 and S8). Therefore, reduced deep ocean
ventilation during the glaciation would contribute to lowering atmospheric CO2 , with important implications
for past carbon cycle and climate changes.
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