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During the first half of the 19th century, several large tropical volcanic eruptions occurred 18 

within less than three decades. Global climate effects of the 1815 Tambora eruption have 19 

been investigated, but those of an eruption in 1808 whose source is unknown and the 20 

eruptions in the 1820s and 1830s have received less attention. Here, we analyse the effect 21 

of the sequence of eruptions in observations, global three‐dimensional climate field 22 

reconstructions, and coupled climate model simulations. All eruptions were followed by 23 

substantial drops of summer temperature over the Northern Hemisphere land areas. In 24 

addition to the direct radiative effect, which lasts 2‐3 years, the simulated ocean‐25 

atmosphere heat exchange sustained cooling for several years following these eruptions, 26 

affecting the slow components of the climate system. Africa was hit by two decades of 27 

drought, global monsoons weakened, and the tracks of low‐pressure systems over the 28 

North Atlantic moved south. The low temperatures and increased precipitation in Europe 29 

triggered the last phase of advance of Alpine glaciers. Only after the 1850s the transition 30 

into the period of anthropogenic warming started. We conclude that the end of the Little 31 

Ice Age was marked by the recovery from a sequence of volcanic eruptions, which makes it 32 

difficult to define a single pre‐industrial baseline.  33 

The period between around 1350 or 1450 and 1850 is often termed the “Little Ice Age” (LIA). 34 

In several regions the LIA was accompanied by glacier advances1,2. It might have been 35 

initiated by volcanic eruptions3, but the relative contributions of solar and volcanic forcing 36 

remain unclear. Given the regional differences4 and uncertainties in the mechanism involved, 37 

the onset of the LIA is still highly debated5.  38 

Importantly, the transition from the LIA into the period of anthropogenic warming is also not 39 

well understood. After a rather warm phase around 1800, global climate cooled again in the 40 
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early 19th century6 for several decades, accompanied by pronounced glacier advances in the 41 

Alps. Recent work therefore dated the start of anthropogenic warming back to the early 19th 42 

century7. However, the fact that several major tropical volcanoes erupted between 1808 and 43 

1835 (note that there is still large uncertainty – the 1808/09 eruption remains unknown8 and 44 

the attribution of the 1831 eruption has recently been questioned9), including the well-studied 45 

1815 Tambora eruption, makes the separation between volcanic and anthropogenic 46 

contributions difficult. Based on attribution results, a small drop in greenhouse gas levels 47 

during the LIA, and the subsequent recovery and initialization of the industrial era affected 48 

Northern Hemisphere (NH) temperatures10,11. Peak cold conditions in the early 19th century 49 

were dominated by volcanism11. However, except for Tambora12, these eruptions are not well 50 

studied, and their contribution to global early 19th century climate is unclear. 51 

In this paper we use an ensemble of global climate field reconstructions based on data 52 

assimilation13 (in the following termed palaeo-reanalysis;see Methods) and analyse it together 53 

with instrumental data,14 existing reconstructions6,15,16 and climate simulations (HadCM3 and 54 

FUPSOL, see Methods)10,17. We then study the effects of the volcanic eruptions on different 55 

parts of the climate system, including precipitation in the monsoon regions16 and Alpine 56 

glaciers.18,19  57 

 58 

Cold Northern Extratropical Summers 59 

The coldest ten warm seasons (Apr.-Sep.) over the northern extratropical land areas in the 60 

period 1750-1900 in the ensemble mean of the palaeo-reanalysis were exclusively post-61 

eruption seasons (see Methods; Fig. 1a). Those following the early 19th century eruptions 62 

were on average 0.5 °C cooler than the 30-yr period preceding the eruption (1779-1808). 63 

Instrumental series (except for one all are from Europe) confirm the post-eruption cooling 64 
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(Fig. 1a), while their long-term trend might be affected by warm bias due to measurement 65 

practices in the early decades20. The Crowley et al. temperature reconstruction6 also shows a 66 

predominance of post-volcanic years among the coldest warm seasons (six among the coldest 67 

twelve and twelve among the coldest 30 warm seasons) and tracks the palaeo-reanalysis very 68 

well. A recovery only occurred around 1850. This is consistent with sustained global cooling 69 

after eruptions in volcanic-only simulations11 and with new global temperature 70 

reconstructions.21  71 

 72 

Figure 1 | Climate series for the last part of the Little Ice Age. a Temperature anomalies (with respect to 1779‐73 

1808) of northern extratropical land areas (20–90° N) in April‐September from the palaeo‐reanalysis (orange, 74 

ensemble mean; shading denotes the 95% ensemble spread) as well as a reconstruction (30‐90° N)[6] (dark red) 75 

and the average of 23 early instrumental series (green, see Methods). b Length of four well‐documented Alpine 76 

glaciers38‐40 relative to the minimum in the displayed period as well as 30‐yr running means of Alpine summer 77 

temperature from a multiproxy reconstruction15 (red, shading denotes the 95% confidence interval, see 78 

Methods; the curve is advanced by 5yrs, approximating the glacier response). Bars indicate volcanic eruptions. 79 

Box plots with quartiles and interquartile range in a show the post‐volcanic seasons of the five early 19th 80 

century eruptions. 81 
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Anomaly fields for temperature in the palaeo-reanalysis (Fig. 2), which is well constrained by 82 

instrumental, documentary and tree ring data (indicated by dashed and solid lines) over 83 

northern extratropical land areas, but little elsewhere, exhibit the expected pattern of 84 

radiatively forced change. This includes large-scale cooling over the extratropical land masses 85 

in the 3 years following volcanic eruptions.  86 

87 

Figure 2 | Post‐volcanic anomalies in April‐September in the palaeo‐reanalysis (ensemble mean). Top: 88 

Temperature, bottom: Precipitation. Anomalies are relative to 1779‐1808. Solid and dashed lines indicate areas 89 

where the reduction of the ensemble spread due to the assimilation reaches 75% and 25%, respectively. 90 

Eruptions (analysed seasons) are: unknown Dec. 1808 (1809‐1811), Tambora Apr. 1815 (1815‐1817), 91 

Galanggung Oct. 1822 (1823‐1824), unknown (Babuyan Claro?) Sep. 1831 (1832‐1833), Cosigüina Jan. 1835 92 



6 

 

(1835‐1837). Panels “All” show the average over all five eruptions, hatching indicates where the sign agrees for 93 

less than four.   94 

Reconstructions of climatic variables also show substantial changes on a decadal scale during 95 

these years, as is shown in Fig. 1b for a multiproxy reconstruction of summer temperature for 96 

the Alps.15 Even for 30-year averages, a temperature change of 0.65 °C is found between the 97 

late 18th and early 19th century, likely related to the coincidence of five strong tropical 98 

eruptions (Fig. 1b). This change is highly significant and highlights the difficulty of defining a 99 

single pre-industrial reference climate22,23.  100 

 101 

Weak Monsoons 102 

With regard to precipitation anomalies after eruptions, the palaeo-reanalysis (Figs. 2 and 3a) 103 

shows decreased rainfall in the African monsoon region immediately following each eruption. 104 

This result mainly arises from the model response to the forcing as precipitation is only 105 

weakly constrained in the palaeo-reanalysis; it is also found in model studies.24 Completely 106 

independent reconstructions of African dryness back to 1800 based on documentary data 107 

(such as lake levels or Nile river flow), though partly infilled, confirm that all post-eruption 108 

years (except after the Galanggung eruption 1822) were dry in the African monsoon region16 
109 

(Fig. 3a). According to both data sets the region remained dry during most of the first half of 110 

the 19th century.  111 

We further analysed other monsoon regions and compared the palaeo-reanalysis with 112 

independent observations25,26. We find a weakening of all India monsoon rainfall (Fig. 3b) 113 

and of the strength of the Australian monsoon lasting deveral decades (Fig. 3c; the offset 114 

between the curves is due to different standardisation periods) in observations. The palaeo-115 

reanalysis, which is largely unconstrained with respect to monsoon precipitation, shows 116 
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similar multidecadal variability (though no clear post-volcanic signal). Weak monsoons 117 

continued through the 1840s and early 1850s. Can such a long-lasting effect be explained 118 

climatically?  119 

 120 

Figure 3 | Change in global monsoon systems. a Dryness index for the African monsoon region [0‐20° N, 20° 121 

W‐30° E] from documentary data16 (blue) and precipitation (Apr.‐Sep.) in the palaeo‐reanalysis in the same 122 

area (orange). b All India Monsoon Rainfall (Jun.‐Aug.) in observations25 (blue) and in the palaeo‐reanalysis [67‐123 

98° E, 5‐36° N] (orange), c Australian monsoon index (Dec.‐Feb.) in observations26 (blue, number of days with 124 

westerly winds at the surface in the region [98‐138° E, 18‐5° S], standardized relative to 1800‐2014) and of 850 125 

hPa westerly wind in the palaeo‐reanalysis in the same region (orange). Observations are on the left scale, 126 

palaeo‐reanalysis data (right scales, lines are ensemble means, shading denotes the 95% ensemble spread; not 127 
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shown in c as it fills the panel) are anomalies from 1779‐1808. Bars indicate volcanic eruptions. Box plots show 128 

the post‐volcanic seasons of the five early 19th century eruptions. 129 

Ocean memory integrates weather and climate noise27, and precipitation anomalies in the 130 

African monsoon region may trigger decadal dryness by means of land-surface feedback 131 

processes.28 Therefore, a sequence of eruptions leading to cooling in Europe and land areas 132 

globally, as well as drying in Africa and in monsoon regions globally may lead to persisting 133 

effects in the climate system. Thus, we analysed two ensembles of coupled simulations 134 

(FUPSOL and HadCM3) to identify persisting climate signals in the oceans. Global annual 135 

mean surface air temperatures (Fig. 4c) cool by 0.15-1 °C in the two years following each 136 

eruption (note that the 1822 Galanggung eruption was not in the model forcing of either 137 

model, and the 1861 Dubbi eruption only in HadCM3). The differences between the two 138 

ensembles reflect different volcanic forcing (as evidenced in top-of-atmosphere net shortwave 139 

radiation; Fig. 4a) and arguably different sensitivities. In both ensembles, annual mean 140 

temperatures of the 1770s to 1800s were only reached again in the 1840s and 1850s.10  141 

 142 

Oceanic response 143 

To address mechanisms for possible sustained effects of this sequence of eruptions, we 144 

analysed surface energy fluxes (Fig. 4b) and upper ocean heat content (Fig. 4d). In response 145 

to the decreased short-wave forcing, the upper-ocean cools. In a simple mixed-layer-deep 146 

ocean model,29 the effect of a volcanic eruption on the mixed layer is expected to decay 147 

within about 2-3 years, but mixing into the deep ocean can lead to delayed (‘recalcitrant’) 148 

responses that accumulate between eruptions.30 In our simulations, the global upper ocean (0-149 

700 m) heat content is substantially reduced after each eruption, consistent with other 150 

simulations31,32 (the differences between FUPSOL and HadCM3 indicate possible drifts 151 
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caused by different volcanic histories affecting the centennial time scale33). Upper-ocean heat 152 

content does not recover to the 1779-1808 value until the 1860s (in FUPSOL) or even the 153 

1930s (in HadCM3). This is consistent with a possible temporary slow-down in sea-level rise 154 

in the 19th century found in some reconstructions.34 155 

 156 

Figure 4 | Global annual means of energy fluxes, temperature and ocean heat content in coupled model 157 

simulations (ensemble mean and range). Shown are (a) the top of atmosphere net shortwave flux, (b) the 158 

downward net surface heat flux, (c) global mean surface air temperature and (d) global upper ocean heat 159 

content (0‐700 m). Anomalies are relative to 1780‐1808, shading indicates the ensemble range, bars indicate 160 

volcanic eruptions. Insets indicate composites over all eruptions in the FUPSOL simulations (1600‐2000) for the 161 

first 10 years, referenced to the year before the eruption (see Methods), with shadings indicating 95% 162 

confidence intervals from Monte Carlo simulations. 163 

This is related to changes in oceanic heat uptake. The net surface heat flux (net surface short 164 

and longwave radiation minus upward sensible and latent heat fluxes, Fig. 4b) reaches highest 165 

upward anomalies (less energy input into the oceans, negative spikes in Fig. 4b) immediately 166 
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after the eruptions. The opposite is the case after ca. 3 years, when the short-wave forcing 167 

ceases. During this recovery phase, oceans take up heat and recharge their heat content, 168 

leading to slight but sustained positive anomalies compared to the years prior to the eruptions. 169 

This effect is particularly clear in HadCM3, where ca. 3 years after the 1808/9 and the 170 

Tambora eruptions all 10 members exhibit anomalously positive downward heat flux for 171 

several years (Fig. 4b). This effect also appears as statistically significant in FUPSOL when 172 

composited over all simulated eruptions (right insets) and it was found in several other 173 

studies.31,32 
174 

 175 

Figure 5 | Annual mean sea‐surface temperature changes in HadCM3, FUPSOL, and reconstructions following 176 

the four volcanic eruptions of 1808/9, 1815, 1831, and 1835. Left: Years 1 and 2 relative to 1780‐1808, right: 177 

Years 3 to 7 relative to years 1 and 2. Hatching indicates where less than 8 out of 10 members (less 3 out of 4 178 

for FUPSOL) agree in sign.  179 



11 

 

The heat uptake during the recovery phase does not occur in a globally uniform way. 180 

Composites for the FUPSOL and HadCM3 simulations for the four modelled early 19th 181 

century eruptions (Fig. 5) suggest that the equatorial Pacific cooled slightly less than the 182 

remaining oceans in the first two years after the eruptions, consistent with other studies.35 In 183 

the subsequent five years, the central equatorial Pacific cooled further while the globe 184 

warmed. Although there is large within-ensemble variability (hatching) at these locations, the 185 

general pattern is consistent with the sea-surface temperature reconstruction that was used to 186 

force the palaeo-reanalysis.36,13 Note that this reconstruction was designed to study decadal-187 

to-multidecadal variability, while shorter-term variability is underestimated37. This might 188 

explain the rather weak signal.  189 

The latter pattern is similar, though not identical, to the Pacific-Decadal Oscillation (PDO). a 190 

dominant climate mode. This suggests that the recovery from volcanic eruptions may 191 

resemble internal oceanic variability modes. This makes separation of forced and unforced 192 

climate variability difficult.  193 

 194 

Growing glaciers 195 

Other slow parts of the climate system might have reacted to the combined effect of five 196 

eruptions, too. Glacier length integrates and delays the primary climatic signal, and thus the 197 

volcanic forcing might have contributed to glacier growth. We analysed the length of four 198 

well-observed Alpine glaciers (Fig. 1b, note the inverted y-axis).38-40 Concurrent with the drop 199 

in warm season temperature in the early 19th century, three of the four glaciers reached their 200 

maximum length around 1820. This is consistent with reduced melting due to volcanic 201 

summer cooling. All glaciers showed a second maximum in the 1850s (which for one glacier 202 

was longer than the first). By that time, Alpine temperature already increased (Fig. 1b). 203 
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However, based on bandpass-filtered sub-daily pressure measurements along a North-South 204 

transect in Europe (see Methods) we find an intensification and southward shift of cyclonic 205 

activity (predominantly in summer and autumn), which we interpret as an intensification and 206 

a southward shift of the Atlantic-European cyclone track during the late 1830s, 1840s and into 207 

the 1850s (Fig. S1). This is also mirrored in increased precipitation41,42 and in multidecadal 208 

changes in daily Alpine weather types derived from observations. Flood-prone, cyclonic types 209 

during the warm season were more frequent from the mid-1810s until around 1880 than 210 

before or after this period.42 The second glacier advance is thus consistent with observed 211 

climatic changes, but was arguably not a pure temperature effect.  212 

 213 

Southward shift of circulation 214 

A southward shift of the Atlantic-European cyclone track after volcanic eruptions was found 215 

in a previous study and related to a weak African monsoon and consequent weakening of the 216 

Atlantic-European Hadley cell.43 After the last of the five early 19th century eruptions the 217 

weak monsoons and southward shifted circulation persisted for ten years (Figs. 3, S1). A 218 

southward shift of the northern subtropical jet and of the downwelling branch of the northern 219 

Hadley cell in the 1830s to 1850s is also found in a zonal average in the palaeo-reanalysis 220 

during the boreal warm season (Fig. S2). Furthermore, a recent reconstruction of the northern 221 

tropical belt boundary based on tree-ring width also displays a southward shift in the first half 222 

of the 19th century.44 Hence, daily pressure observations, the palaeo-reanalysis and a tree-ring-223 

based reconstruction agree with each other and suggest a southward shift of circulation.  224 

A possible cause for this is a negative phase of the Atlantic Multidecadal Oscillation (AMO) 225 

in the 1830s to 1850s according to reconstructions.[36,45] This might have contributed to weak 226 

African46 and Indian monsoons47 and to the southward shift of the northern tropical belt.48 To 227 
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what extent the change in the AMO itself was related to the atmospheric circulation changes 228 

triggered by the eruptions, as was suggested for later eruptions,49 or to decreased solar activity 229 

during the Dalton minimum,50,51 or whether the AMO change was entirely unrelated to these 230 

forcings remains to be clarified. 231 

Our analysis shows that the last phase of the LIA was characterised by large decadal-to-232 

multidecadal climatic fluctuations.21 In particular, a sequence of five volcanic eruptions 233 

within 28 years caused widespread global cooling, drying in central Africa, and a weakening 234 

of global monsoons, among other effects. The cooling in Europe favoured the growth of 235 

Alpine glaciers. The global temperature increase starting in the late 1830s therefore primarily 236 

reflects the recovery of the global climate system from a sequence of eruptions, with possibly 237 

a minor contribution from anthropogenic greenhouse gases.7 From the late 19th and early 20th 238 

century onward, the greenhouse gas increase dominated the long term trend.11,52 Additional, 239 

pronounced internal climate variability then catapulted global climate out of the LIA and into 240 

a first warm phase, the early 20th century warming.42,53 
241 

 242 

Methods 243 

Palaeo-reanalysis  244 

The palaeo-reanalysis EKF400 combines observations and proxies with an ensemble of 30 climate model 245 

simulations. The model used reconstructed sea-surface temperatures as boundary conditions as well as external 246 

forcings such as greenhouse gases and volcanic aerosols. The observations were assimilated using an off-line 247 

Ensemble Kalman Filter approach.13   248 

 249 

Early instrumental observations 250 
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We used all series from GHCN-monthly (v3, adjusted)14 with sufficient data (75% of the years must have data) 251 

in the reference period (1779-1808). To form a warm season average, 75% of months must have data. To form 252 

an average of all stations, 75% of stations must have data. The following stations were used: Kremsmünster, 253 

Wien, Prag, Paris, Karlsruhe, Berlin (2 series), München, Hohenpeissenberg, Budapest, Milano, Torino, Vilnius, 254 

De Bilt, Trondheim, Warsaw, St. Petersburg, Stockholm, Basel, Genf, Edinburgh, Greenwich, and New Haven. 255 

 256 

Model simulations 257 

FUPSOL: The ensemble simulations are based on the coupled atmosphere–chemistry–ocean model SOCOL-258 

MPIOM (SOlar Climate Ozone Links coupled to the Max-Planck-Institute Ocean Model)[17]. It is run in a 259 

horizontal resolution of approximately 3.5 degrees with 39 levels up to 0.01 hPa. The four ensemble simulations 260 

from 1600-2000 are branched from control simulation for perpetual 1600 conditions and the volcanic forcing set 261 

to zero. The control simulation still shows some drift of roughly 0.05 K per 100 yrs and can be used to correct 262 

variables. The four transient simulations are forced by greenhouse gas concentrations, volcanic aerosol and solar 263 

spectral irradiance, the former similar to PMIP3 protocol54 whereas the solar forcing is from Shapiro et al.55, 264 

using the best estimate and the upper bound of the uncertainty. This results in a total solar irradiance change 265 

from the Maunder Minimum (1645-1715) to today of 6 W/m2 (best estimate) and 3 W/m2 (upper bound). Two 266 

ensemble members for each of the solar forcing setting are performed, respectively. A detailed description of the 267 

model and the simulations is given in Muthers et al.[17].  268 

HadCM3: 10 ensemble members have been run using the coupled atmosphere–ocean model HadCM3.56,57 The 269 

atmosphere has a horizontal resolution of 3.75 × 2.5 degrees in longitude and latitude with 19 levels. The ocean 270 

model has a resolution of 1.25 × 1.25 degrees with 20 levels. The ensemble members have been started in 1780 271 

from the 4 all forced and the 4 NoAER ensemble members described in Schurer et al.11 The simulations have 272 

very little drift and have initial conditions which account for all known forcings starting in 800AD[11]. The 273 

models are forced by PMIP3/CMIP5 protocol volcanic, solar, orbital, and anthropogenic forcings as described in 274 

Schurer et al.11 The solar forcing used follows the Steinhilber et al.58 dataset, spliced into the Wang et al.59 275 

dataset in 1810 and is therefore comparatively weaker than that used in the SOCOL-MPIOM model simulations. 276 

The volcanic forcing dataset used is Crowley and Unterman.60 The only forcing which is different to that 277 

described in Schurer et al.11 are the anthropogenic aerosols, which have been updated to follow the CMIP5 278 
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forcing following Smith et al.61 Note that some simulations only start in 1780, hence 1780-1808 is used as 279 

reference in HadCM3. 280 

 281 

Volcanic eruptions 282 

We considered five eruptions in Dec. 1808[8] (unknown), Apr. 1815 (Tambora), Oct. 1822 (Galanggung; note 283 

that this eruption was not part of the model forcing, including the model underlying the reanalysis), Sep. 1831 284 

(despite recent evidence of a possible misinterpretation of the 1831 Babuyan Claro eruption,9 we kept an 285 

eruption in that year due to enhanced sulphur in ice cores), and Jan. 1835 (Cosiguina), respectively. Post-286 

eruption warm seasons are those that start within 30 months of the eruption, i.e., 1809-11, 1815-17, 1823-25, 287 

1832-33 and 1835-37 (for the Dec.-Feb. season in Fig. 3c the years are 1810-11, 1816-17, 1823-25, 1832-34, 288 

1867-37).  289 

For compositing the volcanic response in FUPSOL, where only annual mean values are analysed, we considered 290 

all events in which the top-of-atmosphere net radiation exceeded -2 W m-2 relative to our reference period 1779-291 

1808 (this was considered as year 1). Twelve eruptions were selected in this way: 1600, 1641, 1673, 1693, 1719, 292 

1761, 1809, 1815, 1831, 1835, 1884, 1991. We then referenced all segments to year 0 (the pre-eruption year; 293 

which in no case rises above the background) and plotted years 0-10 (ending each segment when a new eruption 294 

started). Significance was calculated by Monte Carlo sampling of segments over the 400 simulation years in the 295 

non-eruption parts of the time series, assuming the same eruption probability (p = 0.03 yr-1) as in the sample. 296 

This procedure was then repeated 100 times to obtain 95% confidence intervals. No confidence interval was 297 

calculated for Fig. 4d as the recovery ocean heat content is so slow that no non-eruption parts can be defined. 298 

 299 

Multi proxy reconstructions of Alpine temperature 300 

Trachsel et al.[15] related six tree-ring chronologies from the Alpine area to the summer temperature from the 301 

HISTALP temperature dataset20 composed of early instrumental and instrumental temperature measurements 302 

spanning the period 1760-2008. The reconstruction15 is based on partial least squares regression (PLS)[62]. PLS is 303 

a regression technique based on a combination of dimension reduction and ordinary least squares regression 304 

(OLS). In PLS the dataset is divided into dependent and independent variables. In the dimension reduction step, 305 

a linear combination of dependent and independent variables is sought so that the correlation (or covariance) 306 
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between the two linear combinations is maximised. The linear combination of the dependent variables is then 307 

related to the linear combination of the independent variables using OLS regression. In our reconstruction15 there 308 

is only one dependent variable to which the linear combination of the independent variables is related using OLS 309 

regression.  310 

Trachsel et al.[15] split the tree-ring and instrumental data into high and low-frequency components. The low-311 

frequency component was obtained using 31-year low-pass filtered data (using a Gaussian filter) and the high-312 

frequency component is the residual of the 31-year low-pass filter (see Trachsel et al.[15] for detailed description 313 

of the method).  314 

For the high frequency component, a normal OLS was used to relate PLS scores (linear combination of the proxy 315 

data) to the instrumental data. A univariate linear regression is defined as:  316 

y= α + β x + e        (1) 317 

e ~ N(0, σ2)        (2)  318 

Where x are the PLS scores (linear combination of independent data), y is the measured temperature data, e are 319 

the residuals and σ2 is the variance of the residuals. Model parameters were estimated in a Bayesian framework 320 

with uniform priors: a ~ U(-∞,∞); b ~ U(-∞,∞); s ~ U(0,∞)  321 

We then obtained predictions sampling from the posterior predictive distributions63. In contrast to the high 322 

frequency component, the low-pass filtered dataset is temporally autocorrelated. Therefore, normal OLS is not 323 

an appropriate method to relate PLS scores to instrumental data. Instead we used a model with an autoregressive 324 

term of order 1 (AR1) and autocorrelated residuals:  325 

y(t) = α + β x(t) + ar1 y(t-1) + φ e(t-1)     (3)  326 

Where x are the PLS scores (linear combination of independent data), y is the measured temperature data, e is the 327 

residual and indexes t and t-1 are the value of a time series at time steps t and t-1; β is the parameter relating the 328 

PLS scores to y, ar1 is the parameter relating the value of y at time step t-1 to the value of y at time step t and φ 329 

is the parameter relating the residual at time step t-1 to the residual at time step t. This model was run in a 330 

Bayesian framework using uniform priors for all parameters. To give some weight to the PLS scores, the prior of 331 

ar1 was:  332 

ar1 ~ U(-0.65,0.65)       (4) 333 
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Both regression models ((1) and (3)) were run in a Bayesian framework, with three chains of 11000 iterations 334 

with 1000 iterations for adaptation (burn in) and a thinning interval of 10. This resulted in 3000 climate histories 335 

of low and high frequency, respectively. Combining all these histories resulted in an exceedingly large sample 336 

size of 9 million histories. Therefore, 100 histories of each component were chosen and all their possible 10000 337 

combinations (i.e. sums) were assessed.  338 

These 10000 internally consistent reconstructions were then smoothed with a 30-year running mean filter, 339 

resulting in an ensemble of smoothed reconstructions. The 2.5% and the 97.5% quantiles of these 30-year 340 

smoothed reconstructions were then used as confidence bounds for the 30-year smoothed reconstruction. 341 

 342 

Cyclone track 343 

To study the strength and position of the cyclone track over Europe we analysed daily or subdaily pressure data 344 

from 13 stations64,65: Amsterdam (4.9° E, 52.37° N), Armagh (6.64° W, 54.35° N), Basel (7.59° E, 47.56° N), 345 

Bern (7.45° E, 46.95° N), Geneva (6.14° E, 46.2° N), Gr. St. Bernard (7.19° E, 45.89° N), London (0.12° W, 346 

51.51° N), Milan (9.19° E, 45.46° N), Paris (2.35° E, 48.86° N), Stockholm (18.06° E, 59.33° N), Torino (7.74° 347 

E, 45.12° N), Uppsala (17.63° E, 59.86° N), Zurich (8.54° E, 47.38° N). We used a 2-6 day bandpass Lanczos 348 

filter66 with a 31 day convolution vector (as in Brugnara et al.64). Results were then expressed as anomalies from 349 

a 1961-1990 climatology from the closest grid point in the Twentieth Century Reanalysis 20CRv2c.67 350 

 351 

Circulation indices 352 

We analysed two zonal mean circulation indices from the palaeo-reanalysis. The positions of the northern 353 

subtropical jet and of the downwelling branch of the northern Hadley were determined as the position of the 354 

maximum zonal average zonal wind at 200 hPa and the position of the maximum zonal mean omega at 500 hPa, 355 

respectively, as described in in Brönnimann et al.48 (we used the same settings as described for the SOCOL 356 

model simulations). 357 

 358 
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