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ABSTRACT

A zonally averaged ocean model for the thermohaline circulation is coupled to a zonally averaged, one-layer
energy balance model of the atmosphere to form a climate model for paleoclimate studies. The emphasis of the
coupled model is on the ocean’s thermohaline circulation in the Pacific, Atlantic, and Indian oceans. Each
basin is individually resolved, and they are connected by the Southern Ocean through which mass, heat, and
salt are exchanged. Under present-day conditions, the global conveyor belt is simulated: deep water is formed
in the North Atlantic and the Southern Ocean, whereas both Pacific and Indian oceans show broad upwelling.
Latitude~depth structures of modeled temperature and salinity fields, as well as depth-integrated meridional
transports of heat and freshwater, compare well with estimates from observations when wind stress is included.
Ekman cells are present in the upper ocean and contribute substantially to the meridional fluxes at low latitudes,
bringing them to close agreement with observed estimates.

The atmospheric component of the coupled climate model consists of a classical, time-dependent energy
balance model; the seasonal cycle is not included. Observations and the ocean-to-atmosphere fluxes at steady
state are used to determine the net downward shortwave radiation, constant greybody emissivity, eddy diffusivity
parameterizing the meridional energy fluxes in the atmosphere, and evaporation and precipitation over the
individual ocean basins.

When the two components are coupled after being spun up individually, the system remains steady provided
that no intermittent convection is present in the ocean model. If intermittent convection is operating, the
coupled model shows systematic deviations of the surface salinity, which may result in reversals of the thermohaline
circulation. This climate drift can be inhibited by removing intermittent convection prior to coupling.

The climate model is applied to investigate the effect of excess freshwater discharge into the North Atlantic,
and the influence of the parameterization of precipitation is tested. The Atlantic thermohaling flow is sensitive
to anomalous freshwater input. Reversals of the deep circulation can occur in the Atlantic, leading to a state
where deep water is formed only in the Southern Ocean. Depending on the zonality of precipitation, a feedback
mechanism is identified that may also trigger the reversal of the Pacific thermohaline circulation yielding the
inverse conveyor belt as an additional steady state. In total, four different stable equilibria of the coupled model
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were realized.

1. Introduction

For a long time it was believed that climatic change
and climate variability are mainly influenced by
changes of the seasonality of the solar irradiation and
the energy budget at the earth’s surface. In fact, much
of the paleoclimatic evidence assembled over the past
centuries could be consistently explained by the theory
of Milankovitch (1941) and their refinements (Berger
1988). With the improvement of existing and the ad-
vent of new methods of climate reconstruction, it be-
came possible to resolve the climate record more ac-
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curately, both in space and time. While much data
quantitatively corroborated Milankovitch’s theory,
other features defied straightforward explanation. Ex-
amples of the latter include (i) the largest signal in the
climate records of the Pleistocene, the 100 000-year
cycles, (ii) rapid terminations of the last several ice
ages, (iii) oscillations during the cold phases of ice ages
on time scales of several thousand years, and (iv) cli-
matic “events” such as the Younger Dryas. This sug-
gests that there may be a missing component in our
picture of the climate system and that the classical view
of the World Ocean as being mainly a passive reservoir
of heat must be revised. Consequently, over the last
few years the thermohaline circulation of the World
Ocean has become one of the focal subjects of climate
research in an effort to obtain a more complete un-
derstanding of past steady states and rapid transient
behavior of the climate.

The main purpose of this paper is to present a cou-
pled ocean-atmosphere climate model of intermediate
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complexity that focuses on the dominant physical pro-
cesses in the ocean pertaining to the thermobhaline cir-
culation and includes a satisfactory coupling with a
simple atmospheric model component. By zonally av-
eraging the ocean circulation and yet resolving it lon-
gitudinally in three different ocean basins, we dem-
onstrate that it is possible to obtain a present-day steady
state with realistic temperature, salinity, overturning,
and flux fields. We show that the ocean model closely
approximates observations without the introduction of
a large number of different parameterizations. Because
our emphasis is on very long time scales exceeding de-
cades, we restrict attention to annual-mean conditions
and use a classical energy balance model for the at-
mosphere. The paper is therefore a step toward a com-
plete latitude~depth climate model.

A second purpose is to investigate systematically the

stability of the present-day climate in the model. Cli-

mate drift in the model is found to be linked to inter-
mittent convection in the North Pacific. Two measures
to avoid climate drift are presented in this paper. We
then examine the influence of anomalous freshwater
discharge into the North Atlantic (as occurred during
the termination of the last ice age ) and the dependence
of the resulting steady state on various model param-
eters and parameterizations. Since the climate model
is so inexpensive to run (16 min of CPU time on an
IBM 3090 for 1000 model years), extensive sensitivity
studies are feasible. We have deliberately kept the
number of parameterizations to an absolute minimum.
Thus, the basic dynamics of the coupled model are
transparent, and operating feedback processes can be
identified relatively easily.

The relevance of the thermohaline circulation to cli-
matic change was dramatically demonstrated by Bryan
(1986), who shows, using a three-dimensional Bryan—
Cox Ocean General Circulation Model (OGCM), that
basinwide circulation changes can occur on time scales
of a few hundred years. His study is a confirmation of
the relevance of Stommel’s (1961) box model, which
exhibits two stable states under identical surface forc-
ing. Motivated by these results, researchers have de-
veloped various models to investigate the dynamics of
the thermohaline circulation. Box models by Rooth
(1982) and Welander (1986 ) consider the global ocean
with different flow routes for the deep water, Birchfield
(1989) and Birchfield et al. (1990) include atmospheric
feedbacks, and Marotzke (1990) studies an Atlantic-
Pacific basin system.

Latitude~depth or zonally averaged models belong
to an intermediate level in the hierarchy of climate
models. For the atmosphere, several models have been
developed. Among the earliest are the energy balance
models of Sellers (1969) and Budyko (1969), which
have no explicit dynamics. Meridional heat transport
in the atmosphere as well as in the ocean is parame-
terized diffusively in terms of the atmospheric surface
temperature. Recognizing the importance of heat stor-
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age in the deep ocean, Hoffert et al. (1980) proposed
an advective-diffusive ocean model with a fixed up-
welling rate. Harvey and Schneider (1985a,b) incor-
porated this ocean model into their energy balance
model to investigate the effect of a time-dependent CO,
increase. Neither the ocean nor the atmosphere com-
ponent contain any dynamics, so results from transient
experiments should be interpreted with due caution.
Fichefet et al. (1989) use a two-level quasigeostrophic
atmosphere in their zonally averaged climate model.
Their ocean, however, consists only of a diffusive mixed
layer on top of an inactive deep ocean. Thus, to date,
no two-dimensional coupled atmosphere-ocean model
with ocean dynamics is available.

Marotzke et al. (1988) present a two-dimensional
ocean model with steady states similar to the zonal
averages of three-dimensional models. With a hemi-
spheric version, Marotzke (1989) found successive
events of violent deep-water formation (flushes) that
were also observed in his hemispheric OGCM. Using
spherical coordinates and an explicit parameterization
of the east-west pressure gradient, Wright and Stocker
(1991, henceforth WS1) investigated the flow dynamics
of a two-dimensional ocean circulation model and
identified instability processes leading to the flush. The
model was extended to explore the structure and sta-
bility of the global thermohaline circulation in the Pa-
cific and Atlantic oceans (Stocker and Wright 1991a,b,
henceforth SW1 and SW2). A preliminary study also
involved the thermal coupling of the two-dimensional
model to a diagnostic energy balance model (Stocker
et al. 1991). Wright and Stocker (1992, henceforth
WS2) have developed a three-basin, ocean-only version
including a well-mixed surface layer and wind stress;
this version will be used as the ocean component in
the present paper.

Three-dimensional OGCMs and a coupled atmo-
sphere~ocean climate model (AOGCM) further con-
firm the importance of the deep ocean circulation and
its variability under mixed surface boundary condi-
tions; that is, vertical surface heat fluxes are calculated
using a Newtonian formulation, while the freshwater
fluxes are kept constant. Reexamining Bryan’s (1986)
experiments, Marotzke (1989) established diffusively
dominated states with very weak overturning, which
ultimately lead to rapid flushes of the deep ocean.
Weaver and Sarachik (1991a) also use the three-di-
mensional Bryan-Cox model and find flushes recurring
on a much shorter time scale of a few hundred years,
while their hemispheric version shows decadal fluctu-
ations before reaching a steady state (Weaver and Sar-
achik 1991b). Variability of the thermohaline circu-
lation is also present in three-dimensional models using
a more realistic geometry. Maier-Reimer and Miko-
lajewicz (1989) show that their global ocean model is
extremely sensitive to freshwater anomalies added to
the North Atlantic, and deep-water formation can be
shut off easily within a few decades. Marotzke and Wil-
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lebrand (1991) established four equilibria in the Pa-
cific-Atlantic version of their Bryan—-Cox OGCM; the
model in this paper is consistent with these findings.
Using a three-dimensional AOGCM, Manabe and
Stouffer (1988) find two different states that can be
realized under identical forcing. Again, one state ex-
hibits an “active” Atlantic thermohaline circulation
with realistic deep-water formation, while in the other
state no deep water is formed.

Thus, it is evident that a credible climate model must
include a prognostic component for the deep ocean in
order to accurately assess oceanic feedbacks to the
global climate. In the present paper we provide a cli-
mate model of lower complexity, with which extensive
sensitivity studies can be undertaken.

We conclude this introduction by mentioning some
relevant observational evidence for possible funda-
mental changes in the ocean circulation. Broecker et
al. (1985) studied the spatial distribution of the Youn-
ger Dryas climate signal, which is primarily found in
regions influenced by the North Atlantic but is absent
in records from regions farther away (e.g., central and
western North America). They argue that fundamental
changes of the Atlantic or even global thermohaline
circulation could explain the structure of the climatic
record. Based on isotope ratios from deep-sea sedi-
ments, Boyle and Keigwin (1987) find that deep-water
formation in the Atlantic was reduced during glacial
time. This is consistent with the fact that Antarctic
bottom water penetrated farther north into the Atlantic
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than today (Duplessy et al. 1988). Reviewing data from
the deep ocean as well as from ice cores and pollen
analyses, Broecker and Denton (1989) came to the
conclusion that changes in the ocean’s thermohaline
circulation are necessary to put these findings into a
consistent framework.

The paper is organized as follows. In section 2 we
describe the climate model; namely, the ocean com-
ponent (section 2a), the atmosphere component (sec-
tion 2b), and the objective parameter determination
for coupling (section 2¢). Section 3 presents the steady
state of the climate model for present-day conditions.
For certain parameter values a climate drift is observed
that could be removed by inhibiting intermittent con-
vection in the model. In section 4 we present the dif-
ferent equilibria found in the coupled model and a
sensitivity study for anomalous freshwater discharged
into the North Atlantic that models a deglaciation.
Conclusions follow in section 5.

2. Model description

The number of climatic processes that can be sim-
ulated by a zonally averaged climate model is inher-
ently limited. Therefore, in such a model one cannot
include an indiscriminant selection of processes and
feedback mechanisms. On the other hand, climate
models of lower complexity can be used for extensive
sensitivity and process studies and can help us learn
more about the interaction of different components of

ATLANTIC

FiG. 1. Geometry of the three zonally averaged ocean basins, joined at 40°S to form a Southern
QOcean within which properties are mixed zonally. The extension of South America provides for
a weak zonal pressure gradient that contributes to the meridional thermohaline circulation. South
of 55°S no zonal pressure gradient can be established. The latitudinal resolution in the model is

indicated by the numbered boxes on the left.
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the climate system. Such models can make contribu-
tions to our understanding if they are based on thor-
oughly understood principles, and if the number of
parameterizations is kept to a minimum. We have
adopted this philosophy and formulated a self-consis-
tent model that represents today’s climate with rea-
sonable accuracy. Multiple equilibria are present, and
results compare favorably with those from three-di-
mensional models.

a. The ocean model

The basic ocean model was developed by WS1. Here
we consider the extended version of the model de-
scribed by WS2, with a well-mixed surface layer and
wind stress in a three-basin geometry (Fig. 1). In order
to represent the very different roles the major ocean
basins play with respect to the thermohaline circula-
tion, each basin is represented by an individual, zonally
averaged domain. The Pacific, Atlantic, and Indian
oceans extend to 55°N, 80°N, and 20°N, respectively,
with corresponding angular widths of 120°, 60°, and
65°. Each basin has a constant depth H = 5000 m and
joins the Southern Ocean at 40°S, which extends to
70°S. In the Southern Ocean, temperature and salt are
instantly mixed longitudinally to model the effect of
the much shorter circulation time scales associated with
the Antarctic Circumpolar Current. The east-west
pressure gradient is reduced to a negligible value south
of 55°8, since there are no zonal barriers in that region
to support a zonally averaged pressure gradient. The
model is based on the zonally averaged conservation
equations of momentum, mass, heat, and salt, which
are given by

TABLE 1. Ocean model parameters.

f Coriolis parameter 2Q sing

Q  angular velocity 7.27 X 1075 57!

pe  reference density 1027.8 kg m™

a earth’s radius 6371 km

g gravity 9.81 ms™

A vertical eddy diffusivity for 10 m?s™!
momentum

Ky horizontal eddy diffusivity for 10° m?s™!
temperature and salinity

Kv  vertical eddy diffusivity for 1074 m?s™!

temperature and salinity
& closure parameter 0.3

H  ocean depth 5000 m
Az  mixed-layer depth 50 m
bottom of model cells [m]) 50, 100, 150, 250, 500,
750, 1000, 1500,

2000, 2500, 3000,
3500, 4000, 4500,
5000
T relaxation time for surface 50 days
boundary condition
Co  specific heat capacity of seawater
eo  ocean surface longwave emissivity

3900 J(kg K)~!
0.96
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—fpm-—t P, Ou
Py COSOH AA 0z
a 1 ép %
fu - 0ya a¢ (922 ’ (la’b)
dp 1 d(cosgpv) ow
= Ta S 3 +—= s
dz &l ) acos¢ d¢ dz 0
(2a,b)
oT 1 d(cos¢pvT) a(wT)
—+ +
8t acos¢g do 0z
1 a T 0 oT
= —_— K_ +_K__ + conv
a’ cos¢ ¢ (COS¢ " 6¢) 9z ( v az) s
(3)
a_s 1

d(cospvS) + a(wS)
ot  acos¢ d¢ dz

1 i) A d S
= ——— — + — K — conv

a® cos 9¢ (COS¢KH 6¢) 9z ( d az) a5
(4)

where all quantities are zonal averages, (¢, z) are the
latitude-depth coordinates with z positive upward, a
is the radius of the earth, (u, v, w) is the velocity field,
fis the Coriolis parameter, p, is a constant density, p
is pressure, Ap is the east-west pressure difference, AA
is the angular width of the basin, A4 is a constant eddy
viscosity, g is gravity, p(7, S) is density given by a
nonlinear equation of state (Gill 1982, p. 599, A3.2),
T and S are temperature and salinity, K and Ky are
constant horizontal and vertical diffusivities, and
g™ and g:°" represent the influence of convection
on heat and salt. The values for the different parameters
are summarized in Table 1.

Several approximations are incorporated in (1)-(4).
Time-dependent and nonlinear terms in the momen-
tum balances (1a) and (1b) are neglected and, together
with the hydrostatic assumption in (2a), this results in
momentum equations that are diagnostic. Boussinesq
and rigid-lid approximations are also invoked. Time
dependence is thus only present in the advection-dif-
fusion equations for 7and S, which are coupled to the
dynamics via the equation of state. In the zonal average,
we have also neglected meridional heat and salt trans-
port due to gyre circulations. Bryden and Hall (1980)
note that most of the Atlantic heat flux is due to baro-
tropic northward flow through the Straits of Florida
Strait and assume that the Atlantic basin is entirely
closed north of 25°N. They argue that the compen-
sating return flow at a lower temperature is also baro-
tropic, implying only little importance of meridional
heat flux by the thermohaline (baroclinic) circulation.
Hall and Bryden ( 1982) state that both barotropic and
baroclinic mechanisms are plausible interpretations of
the available data. Other observational estimates from
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the Atlantic Ocean using inverse methods (Roemmich
1980) as well as direct measurements (Rago and
Rossby 1987) suggest that meridional overturning is
the dominant process for meridional heat flux in the
Atlantic. This is also supported by the inverse modeling
study of Wunsch (1984) and analyses from three-di-
mensional OGCMs (Bryan 1987; Bryan and Holland
1989). However, gyre circulations may contribute sig-
nificantly to the heat flux in other regions (Fu 1986),
but this effect is not modeled here.

In the zonally averaged u-momentum equation, the
east-west pressure difference Ap must be parameterized
in order to close the system of equations. Combining
the considerations in WS1 and SW1, a consistent pa-
rameterization is given by

T dp
Ap € 3 sin2¢ 3’
where ¢, = 0.3 is a constant closure parameter mea-
suring the ageostrophy of the zonal velocity field in a
60°-wide basin. With Ap given by (5), Ap is determined
by the hydrostatic relation (2a) and the condition that
there be no depth-integrated meridional volume trans-
port across any latitude in each basin. Analysis of the
steady-state thermohaline circulation in an OGCM has
confirmed the above parameterization (WS1). In order
to crudely account for the absence of zonal pressure
gradients south of 55°S, we set ¢, = 0.0001 there.
The flow is driven by momentum and buoyancy
fluxes at the surface of the ocean. For the ocean-only
model, buoyancy fluxes are at first calculated from the
usual restoring boundary conditions given by

(3)

o7 A
—Kv o =T - T,
0z T
oS A
—K, 2= =22 (s - 5%), (6a,)
dz T :

where 7 is a relaxation time scale representative of the
mixed-layer depth Az, and 7* and S* are the zonal
averages of temperature and salinity at 30-m depth as
given by Levitus (1982, Tables 16-42). At steady state
we switch to the more realistic mixed boundary con-
ditions given by

k=2 o1y, —kB -0t (7ap)

0z T 0z

where Q% is a time-independent salt flux diagnosed
from the steady state obtained under (6).

Many studies using two- and three-dimensional
OGCMs have shown that mixed boundary conditions
allow for multiple equilibria, transient behavior, and
natural variability of the thermohaline circulation
(Bryan 1986; Marotzke 1989; Weaver and Sarachik
1991a,b; WS1; SW1; SW2). Although for ocean-only
models (7) is a reasonable boundary condition for cli-
mate-related studies, in reality both temperature and
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salinity at the ocean surface are free to adjust and must
be determined by appropriate flux boundary condi-
tions. These will be described in the next section.

The system is completed with the surface boundary
conditions for the velocities and the lateral and bottom
boundary conditions for the various fields:

u 7 av

Pl =0 w=0 at z=0, (3)
Aéﬂ‘:(), Aé2=0, w=0 at z=-H, (9)
9z 9z

%ZT.zo, ‘;—S=0 at z=-H, (10)
%= , §§=0 2t 6= o b, (11)

where 7* denotes the zonal component of wind stress
(Han and Lee 1983). No-stress and no-flux conditions
are applied at the bottom and at the southern and
northern boundaries at latitudes ¢, and ¢, , respectively.

Equations (1)-(4) can be combined into an equa-
tion for the meridional overturning streamfunction ¥
defined by

1 av¥ 1

cos¢p 9z’

oV

w=acos¢ o

The streamfunction is determined by vertical integrals
of the meridional density gradients (see WSI1 for de-
tails). From (12) the velocity components are calcu-
lated and the time-dependent advection-diffusion
equations for T and S are solved using forward differ-
encing in time and the numerical scheme of Fiadeiro
and Veronis (1977) with spatially varying grid reso-
lution (Wright 1992). The horizontal resolution is in-
dicated in Fig. 1, and for the vertical discretization we
select 15 layers with decreasing resolution in the deeper
ocean ( Table 1). To obtain a steady ocean circulation,
we spin up from rest with uniform temperature and
salinity fields, with the restoring boundary conditions
(6) and the observed zonal averages 7* and S* of Lev-
itus (1982). After 5000 years (a longer time may be
required for reduced K and K), the state is essentially
steady. From this time onward, the mixed boundary
conditions (7) are selected using the diagnosed vertical
salt flux from ¢ = 5000 yr. Provided a steady state is
reached, the circulation remains stable under mixed
boundary conditions. The ocean model can now be
coupled to the atmospheric component from which
time onward flux boundary conditions on both tem-
perature and salt determine exchanges between at-
mosphere and ocean.

(12a,b)

b. The energy balance model of the atmosphere

As pointed out above, the emphasis of the present
model is the thermohaline circulation of the global



778

ocean and the various feedback mechanisms that in-
fluence the surface air temperature and atmospheric
heat fluxes during possible ocean mode changes. We
are concerned with climatic evolution on long time
scales, and thus the seasonal cycle is not modeled in
the present version. Neither vertical nor longitudinal
structure in the atmosphere are resolved. Furthermore,
processes related to land surfaces (vegetation, snow)
and high latitudes (sea ice) are not taken into account.
The present paper therefore explores the first step in
devising a fully coupled latitude—depth climate model.
Processes such as the meridional flux of sensible heat,
potential energy, and the longwave radiation to outer
space are parameterized in terms of the surface air
temperature. The longitudinal resolution associated
with the three ocean basins will introduce some lon-
gitudinal dependence to certain parameters for the en-
ergy balance model. This is explained in section 2c.

The surface energy balance (Sellers 1969) takes the
form

a7, 1 0 i
Ci—= = — ——— merid
pata ot a cos¢ 0¢ (cos¢F )

1
__I_I_A(Ftoa_Focean), (13)

where p, is a constant surface air density, C the specific
heat capacity of air, 7, the surface air temperature,
F™erid the meridional flux of heat, H,, a scale height of
the atmosphere, and F'°* and F°**" are the vertical
fluxes of heat through the top of the atmosphere and
the ocean surface (positive upward). The values of
various parameters required by the atmospheric model
are given in Table 2. For the meridional heat flux we
use the standard linear parameterization with a lati-
tude-dependent eddy diffusivity K,:

_ paC4K, a_Tﬁ
a dp

Fmerid = ( 1 4)

TABLE 2. Atmospheric model parameters; those marked with 1 are
determined by observations and the steady state of the ocean.

p4 surface air density 1.225 kg m™

C, specific heat capacity of dry air 1004 J (kg K)™*

H, scale height 8320 m

o Stefan-Boltzmann constant 5.67 X 107 W(m? K%

K absorptivity of shortwave radiation 0.2857

D transfer coefficient of sensible heat 10 W(m™2 K)™*

L latent heat of evaporation 2.5 X 10%) kg™

S, reference salinity 35 psu

K, horizontal eddy diffusivity (1) 4 X 10°-3 X 10" m?s™!
(Fig. 8a)

ep  planetary emissivity (1)

e, atmospheric emissivity
(downwelling)t

¢g  bulk coefficient of evaporationt

0.55-0.72 (Fig. 8b)
0.60-0.96 (Fig. 8b)

5% 10°-10° W m™
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This approximation is reasonable provided length and
time scales are of order 10® m and 1 yr or longer (Lor-
enz 1979). We apply a no-flux boundary condition,
F™nd = (), at the poles. At the top of the atmosphere,
the net upward heat flux consists of the longwave ra-
diation to space less the incoming net shortwave ra-
diation O%°", taken to be time independent in this
paper. The former is parameterized by greybody ra-
diation in terms of the surface air temperature, using
a latitude-dependent planetary emissivity ep. Thus, F*°
is given by

I;'toa . aePTj — Qshon. (15)

The interaction with the ocean is incorporated in
F°** in (13) and takes the form

AA
2 5o (F*+P-E),

Focean
27

(16)

basins

where P and E are in watts per square meter in this
formulation [this can be readily converted to m yr !
by multiplying it with 365.25 X 86 400/(Lp,) = 1.23
X 1072 m? (W yr)™!, where L is the latent heat of
evaporation]. Each ocean basin with longitudinal ex-
tent AA contributes to the total vertical heat flux by
the vertical ocean-to-atmosphere heat flux F°*, and
the divergence of the meridional flux of latent heat
fluxes associated with precipitation P and evaporation
E. Note that for convenience the meridional flux of
latent heat, which should be part of F™" s directly
included in F°°", Thus, F™" comprises the merid-
ional flux of sensible heat and potential energy, while
the divergence of meridional latent heat flux is handled
separately in F°°?" The combination of sensible heat
and potential energy fluxes into a single term is con-
sistent with the fact that, under the hydrostatic ap-
proximation, the depth-integrated potential energy is
proportional to the depth-integrated internal energy
(Holton 1979).

The ocean-to-atmosphere heat flux and the temper-
ature-dependent evaporation are given by

FOA = —(1 — x)Q%°" + geoT?

—oesT4+D(T— T4+ E, (17)
E = cpet147-6418 K)/TA)[O‘z + (5418 K) T;ZTA] ,
4
(18)

where x = 20/70 (Peix6to and Oort 1984 ) is a constant
atmospheric absorptivity, eo = 0.96 (Isemer and Hasse
1987) and e, (objectively estimated in section 2c) are
oceanic and atmospheric emissivities, and D = 10 W
(m? K)~!is a constant transfer coefficient for sensible
heat (Haney 1971). In addition, we also consider a
simplified form of (17) by taking ep = e4 = 1. The
temperature dependence of evaporation is taken from
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Haney (1971), and cg is a bulk aerodynamic constant
that will be determined using observations.

From ( 17) the interaction with the ocean is obviously
represented by temperature differences between ocean
and the atmosphere. There is, however, a second,
equally important coupling between the two compo-
nents due to the hydrological cycle: P — FE is associated
with a net flux of freshwater into the ocean and thus
contributes to the buoyancy flux that drives the ther-
mohaline circulation. The relation between the virtual
salt flux Q% and P — E is approximated by

p-E=2220x (19)

A

where S, is a reference salinity. If the ocean-only model
is at steady state, the integral of Q% , and hence P — E,
over the global ocean vanishes. When the ocean and
atmosphere components are first coupled, (17) and
(19) determine both £ and P. Note that, at this time,
P ~ E, and hence the zonal mean meridional latent
heat transport in the atmosphere is determined entirely
by the steady state of the ocean-only model. After cou-
pling the buoyancy flux driving the ocean circulation
is given by

T 1

— - = OA
" oz P*COF ’

-Ky— = P— 2
e Lp*( E), (20)

where Cy is the specific heat capacity of water. Note
that sea surface temperature and salinity can thus freely
adjust to perturbations. Equations (20) constitute the
full flux boundary conditions applied in the coupled
mode.

Since evaporation depends on the temperature dif-
ference between atmosphere and ocean, any subse-
quent changes in the thermohaline circulation can
cause changes in evaporation and in the meridional
freshwater flux, whose divergence is proportional to P
— E. The coupled system is closed if we provide an
evolution equation for the precipitation P. We are not
considering a separate atmospheric water vapor bal-
ance, and thus it is consistent to assume no storage of
water in the atmosphere; that is, at any time

¢
> AA l (E — P) cos¢de = 0.

basins %o

(21)

The question now arises how any excess precipitation
should be distributed over the globe when there is no
explicit dynamics in the atmospheric model compo-
nent. It is here that a somewhat ad hoc parameteriza-
tion is proposed. We will show that its quantitative
form is influential in determining the final steady states
of the coupled climate model in perturbation experi-

STOCKER ET AL.

779

ments. We assume that the local rate of change of pre-
cipitation is given by

_a —nz>-"£+nz<§§>, (22)

ot ot or

where 7z is a constant between 0 and 1 reflecting the
zonality of the distribution of excess precipitation; the
zonal average over the three basins is indicated by { ).
Note that 5 = 0 corresponds to local compensation.
From an oceanic viewpoint, this is equivalent to the
mixed boundary conditions ( 7) used in the ocean-only
mode when the net freshwater flux through the ocean
surface is fixed everywhere. For 5, = 1, excess precip-
itation is uniformly distributed over the ocean in a
latitude band. The analysis by Zaucker and Broecker
(1992) using the Oort ( 1983) climatology suggests that
the present-day annually averaged water vapor fluxes
are predominantly in the zonal direction. Here we as-
sume that this is strictly true for perturbations (i.e.,
(P — E»/dt = 0). Thus, Eq. (22) implies that the
zonal mean meridional latent heat transport does not
change even during transient adjustments and remains
fixed at the values obtained at the time of coupling
(i.e., the zonal mean meridional latent heat flux always
reflects present-day climatic conditions).

The hydrological cycle in the atmosphere is noto-
riously difficult to simulate properly in a climate model.
What we have proposed is the most rudimentary
scheme consistent with the concept of an energy bal-
ance model and present-day observations. Our ap-
proach differs from previous work. In their one-di-
mensional energy balance models, Sellers (1969) pa-
rameterizes meridional flux of latent heat in terms of
surface air temperature, while Harvey (1988) considers
a swamp surface and obtains the vertical flux of latent
heat by relaxing specific humidity to the saturation
value. The relaxation constant depends on the surface
type. Zonally averaged atmospheric models with ver-
tical resolution also use a swamp surface (Held and
Suarez 1978; Vallis 1982) or prescribe relative humidity
from climatology (Fichefet et al. 1989). Where pre-
cipitation is predicted, qualitative agreement with ob-
servations is achieved (Vallis 1982; MacCracken and
Ghan 1988), but the models generally yield overesti-
mates. Due to the lack of satisfactory schemes, we
therefore decided to adopt the most straightforward
formulation consistent with the steady-state freshwater
fluxes in the ocean.

For the numerical solution of (13), centered differ-
ences in space and forward differencing in time are
used on a horizontal grid coinciding with that of the
ocean but extending to both poles. Comparing the CFL
criteria of the ocean and the atmosphere, one finds
that maximum allowable time steps in the atmosphere
are smaller by about a factor of 50, reflecting the dif-
ferent thermal inertias. During a coupled run, we thus
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integrate the atmospheric component for 50 time steps
without updating the surface fields of the ocean. In
practice, the atmosphere remains in quasi-steady equi-
librium with the ocean. A transient experiment where
the ocean was updated at every atmosphere time step
yielded identical results.

¢. Determination of the various parameters

A number of parameters that are representative of
the present climate have to be determined. The objec-
tive is to use available data in conjunction with the
steady state of the ocean model to find the latitude-
dependent values of the following parameters:

QShon(¢)a KA(¢)a eP(¢)s eA(¢, l), CE(¢» l)a
(23)

where i € {4, P, I'} is an index denoting the Atlantic,
Pacific, or Indian basin. The procedure requires the
values

Freid(¢), Tu(e), E(9,i), (24)

at the initial time of coupling. Any time dependence
that might occur in the parameters (23) is not consid-
ered in this paper.

The objective determination of the parameters for
the present climate starts with the planetary emissivity,
ep, using the zonal and annual mean values of the
emitted longwave flux from Stephens et al. (1981, Table
4a) and the surface air temperature over sea from Oort
(1983, Tables 25a and 25b). From Stephens et al. Table
4¢ and (15), we obtain Q*"°", which already includes
the reduction of the shortwave radiation due to plan-
etary albedo. Here we deviate from Sellers (1969) and
others who considered a temperature-dependent albedo
to account for varying snow and ice cover. We thus
exclude multiple equilibria in the atmosphere (¢.g., the
small ice cap instability or deep-freeze state); such ef-
fects can be consistently modeled only by formulating
an appropriate ice sheet model as a third component.
This will be done at a later stage.

Next, we determine the eddy diffusivity for the me-
ridional heat flux ™" in the atmosphere. Substituting
(14)and (16) into the steady version of (13) and using
(19) yields

2

a
Ki(9) = oT,
H p4C, cos¢ -6_05_
b
Xf Fo2 — > éA(FOA +££5Q§)] cos¢do,
—90° pasin 27 S

(25)

where the right side is completely determined by the
steady state of the ocean model and the data of Oort
(1983) and Stephens et al. (1981). Note that at the
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instant of coupling, F°* can be related to the ocean-
to-atmosphere steady-state heat flux in (6a) by

Fr=p G2 (=14, (26)
The determination of the atmospheric eddy diffusivity -
according to (25) implies that F™" in (14) includes
all those meridional energy fluxes that are necessary to
balance the oceanic heat fluxes with the flux divergence
at the top of the atmosphere. Specifically, Fmerid js the
sum of the fluxes of sensible heat plus potential energy
plus any subgrid-scale contribution.

We now estimate the parameters e, €4, and ¢z on
the right side of (17). For the simplified parameteriza-
tion with ey = e, = 1, substitution of (18) into (17)
yields directly the bulk aerodynamic coefficients ¢ as
functions of latitude and basin. For the more realistic
parameterization (greybody radiation for the longwave
fluxes between atmosphere and ocean) we require ad-
ditional data. Solving (17) for the atmospheric emis-
sivity for downwelling longwave radiation, we obtain

1
oT%

(__FOA — (1 _ K)Qshon

ey =

+ geoT* + D(T — T4) + E°®), (27)

where the right side is known using the evaporation
rates E° for the three different ocean basins (Baum-
gartner and Reichel 1975, Table V). The coefficients
cg follow from (18). Finally, the procedure also pro-
vides us with precipitation over each ocean basin as a
function of latitude using (19).

The above approach differs from previous studies in
that we do not attempt to formulate further parame-
terizations of the bulk aerodynamic coefficients ¢z and
atmospheric emissivity that may be functions of wind
speed, vertical stability and drag coefficients, and cloud
cover and water vapor pressure, respectively. Since such
quantities are not predicted as independent variables
in the model, a self-consistent procedure introducing
as few parameterizations as possible is preferred. Note
that if either the observational data or the predictions
of the ocean model are poor, some of the coefficients
will be poorly determined as well. However, using the
described procedure, no inconsistencies, such as un-
realistic or even negative emissivities, negative atmo-
spheric diffusivities, or bulk aerodynamic coefficients,
were encountered at any latitude.

3. Present-day simulations
a. Steady state

As an example of the model’s ability to simulate the
present-day climate, we have spun up the ocean from
rest for 5000 years in the basin geometry of Fig. 1,
using the restoring boundary conditions (6) with 7*
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and S* from Levitus (1982) and the parameter values
given in Tables 1 and 2, and neglecting wind stress.
We then switch boundary conditions to (7) and add a
0.3-psu salt anomaly to the northernmost Atlantic cell
to check stability of the steady state. Only minor ad-

’s~'and Ky = 10 m

s~!, temperature (b: middle row) and salinity in practical salinity units (c: bottom row). The coupled

climate model is at steady state; a zonal wind stress (Han and Lee 1983) is applied at the surface, Ky = 10° m 257,

justments occur, and the circulation remains steady
over the next 3000 years. Finally, the atmospheric pa-
rameters are determined following the procedure in
section 2c¢, and the model is integrated in the coupled
mode for another 1000 years. No climate drift is ob-
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served for the present parameters, and the global energy
imbalance at the top of the atmosphere decreases
steadily to 3 X 107> W m~2 at 9000 years.

Contours of the meridional overturning stream-
function for the three ocean basins are shown in Fig.
2a. Deep water is formed at a rate of 18.3 Sv (1 Sv
= 10° m3s') north of 60°N in the North Atlantic
only, while the Pacific and Indian oceans show broad
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upwelling. This is consistent with SW 1, where the con-
veyor belt circulation (Gordon 1986) was obtained
under idealized surface forcing in an ocean-only model.
This situation remains unchanged in the fully coupled
model with realistic surface forcing and the Indian
Ocean included. The global oceanic meridional heat
flux is poleward in both hemispheres and in fair agree-
ment with observational estimates (Fig. 2b). The heat-
flux divergence in the equatorial regions will increase
if wind stress is included. This is discussed in detail by
WS2 and shown below (Fig. 6b). Figure 2¢ gives the
thermohaline circulation summed over the three ocean
basins. In agreement with observations, deep water is
formed in the North Atlantic and in the Southern
Ocean (Warren 1981), and the global thermohaline
circulation consists of basically two cells. However, this
should not be taken as a justification for approximating
the World Ocean by a single basin as done by earlier
investigators (Hoffert et al. 1980; Harvey and Schneider
19835a,b; Stocker et al. 1991). In such a World Ocean,
large overturning rates of order 50 Sv are necessary to
obtain the correct magnitude of the meridional heat
flux. Further, the single-basin approximation not only
precludes different steady states possible in a multibasin
model, but also completely changes the sensitivity of
the coupled climate model. Thus, even in a simplified
climate model, some longitudinal resolution of the
World Ocean must be incorporated.

The previous experiment is repeated, with the only
difference being the inclusion of a zonal wind stress,
and the complete diagnosis is given in Figs. 3 to 6.
Again, a steady state of the coupled model is reached.
As expected from earlier studies (e.g., Bryan and Lewis
1979), the major differences are limited to the upper
500 m (represented by five layers in the model). Ekman
transport now produces the strongest overturning
transport in the model at rates of about —35 Sv in the
South Pacific at —10°S (Fig. 3a). North of the equator
Ekman overturning substantially increases the for-
mation of North Pacific intermediate water and also
enhances North Atlantic deep-water formation, now
about 20.6 Sv. Wind stress also causes the doming of
isotherms around the equator (Fig. 3b), while the ef-
fects on the salinity field are minor (Fig. 3¢). However,
the overall structure of the global thermohaline cir-
culation is not altered, still showing deep-water for-
mation in the Atlantic and upwelling in the Pacific and
Indian oceans.

The global conveyor belt is a robust feature of the
two- and three-basin ocean-only model as well as of
the coupled model. This is also demonstrated by a fur-
ther experiment starting from the fully spunup steady
state of the coupled model illustrated in Fig. 2. Tem-
perature in the atmosphere and the ocean and salinity
were then abruptly reset to uniform values of 7°C and
34.7 psu, respectively. At the beginning of this exper-
iment, the ocean was thus at rest, and no heat was
transported meridionally in the atmosphere. The run
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then continued in the coupled mode, with the param-
eter values in (23) and E(¢, i) — P(¢, i) held constant
(i.e., nz = 0). The ocean subsequently went through
a spinup period lasting about 500 years when large
overturning rates were observed in all three basins. Ini-
tially, deep water was formed in both hemispheres of
the Atlantic and Pacific. During that time, the net flux
through the top of the atmosphere was about +1.5
W m~2, indicating that energy was being lost to space.
Five thousand years after the abrupt reset, the climate
system has reached steady state, with an energy balance
of 2 X 10~* W m™2. This final state is essentially iden-
tical with the previous steady state with the ocean being
again in the conveyor-belt mode.

Figure 4 gives the surface properties in the three
ocean basins. Sea surface temperatures (SST, Fig. 4a,
solid) are close to those of Levitus (1982), and the
ocean-to-atmosphere heat fluxes (Fig. 4a, dash-dotted)
take reasonable values in all basins. Figure 4b shows
the sea surface salinity (SSS, solid) and P — E (dash-
dotted); the latter compares favorably with the obser-
vations (dashed) of Baumgartner and Reichel (1975).
Meridional heat and freshwater transports along with
several observational estimates are given in Figs. 5a
and 5b, respectively. The model reproduces the steep
gradients of the Pacific heat flux as well as the correct
maximum value of about 1 PW (1 PW = 10'> W) and
location of the northward Atlantic heat flux; also, in
the Indian Ocean the meridional heat flux follows
closely the estimates. The freshwater fluxes are com-
pared with two estimates derived from the data of
Baumgartner and Reichel. When £ — P is integrated
southward starting from the northern end of the basin,
assuming no horizontal flux there, the model fluxes
deviate progressively toward the south. On the other
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hand, if the data is integrated starting from the southern
end, the model fluxes differ increasingly toward the
north. Our model fluxes are bracketed between these
two extremes. Possible explanations for the discrep-
ancies between model and observational estimates of
the fluxes are explored in WS2.

The global overturning is given in Fig. 6a showing
the general two-cell structure, which now also includes
the surface Ekman cells around the equator and in the
Southern Ocean. The global meridional heat flux (Fig.
6b) in the ocean fits surprisingly well those observations
that are based on energy balance considerations at the
ocean’s surface (e.g., Hastenrath 1982). However, it
differs from Carissimo et al. (1985), who obtain the
ocean transport as a residual from satellite and atmo-
spheric estimates.

The surface air temperature and the temperature
contrast between ocean and atmosphere (Fig. 7a)
clearly show the warm Atlantic SST and the relatively
cooler Pacific SST as a consequence of the different
directions of the meridional heat fluxes. In the coupled
model, the SST is now a variable that is free to evolve,
because the restoring boundary condition on temper-
ature is no longer used. The meridional heat fluxes in
the climate model are split up in Fig. 7b showing the
oceanic, latent, sensible plus potential, and total at-
mospheric and total global fluxes. The sensible heat
flux is tuned by (25) to give a total meridional heat
flux consistent with the flux divergence at the top of
the atmosphere. The global water budget E — Pis given
in Fig. 7c and compared to Baumgartner and Reichel
(1975). Apart from the heavy precipitation in the
equatorial regions, agreement is good. However, larger
deviations in the individual E and P fields are found.
This problem is resolved by using the more realistic
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FIG. 7. Properties in the atmosphere for the state of Fig. 3: surface air temperature (solid) and the temperature contrast SST-T, in the
three basins are shown in (a: top left). In (b: top right) the global meridional heat flux (solid) is broken up into the total atmospheric (A-
dashed), sensible plus potential (S-dashed), latent (L-dashed), and oceanic (O-solid) component. Global evaporation ( E-dash-dotted ) and
precipitation ( P-dash-dotted ) in meters per year for two different parameterizations of the downwelling longwave radiation in the atmosphere
are compared: ¢, = eo = 1 in (c: bottom left), and e, = 0.96, e, # 1 in (d, bottom right). Both cases have identical global E-P (solid),
which is in fair agreement with the data of Baumgartner and Reichel (1975, dashed).

parameterization for the longwave radiation in (17)
with e, and e, # 1 (Fig. 7d). While the surface water
budget is not altered, P is now reduced to more realistic
values not exceeding 1.5 m yr~!, and E follows obser-
vational estimates. This alters the models’ sensitivity
to freshwater flux anomalies (see section 4b).

In Fig. 8a, the objectively determined atmospheric
eddy diffusivity is shown and compared to other stud-
ies. Agreement with the values of Harvey (1988) is
found with somewhat stronger latitude dependence.
For comparison, also the diffusivities of Sellers (1969)
are given. If wind stress is absent, K, increases to 30

X 10% m? s™! just north of the equator. The various
emissivities are displayed in Fig. 8b. The planetary
emissivity is typically around 0.6 with larger values in
the high latitudes. For the emissivity of upwelling long-
wave radiation at the ocean surface, we assume a con-
stant value of 0.96, while the emissivity for the down-
welling atmospheric longwave radiation over each
ocean basin is determined by (27).

b. Climate drift and intermittent convection

A particularly disturbing property of the present
generation of three-dimensional coupled models is the
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occurrence of climate drift resulting in steady-state cli-
mates that are systematically biased from the observed
climate. While both atmosphere and ocean compo-
nents produce reasonable steady states when integrated
individually, the coupled model often evolves away
from the original state. Manabe and Stouffer (1988)
report a climate drift showing systematic positive de-
viations of SSS in the North Pacific until this region
becomes saltier than the Atlantic. To counterbalance
this tendency, a flux correction is introduced by mod-
ifying E — P with values that, in particular locations,
are very large (>5 m yr™'). The rationale is that.the
model is still capable of accurately predicting changes
to this state provided these are determined from dif-
ferences of a control run (with the model bias) and a
perturbation run ( with the same model bias).

On the other hand, less complex climate models,
such as pure energy balance models, are unlikely to
exhibit climate drift because of their basically diffusive
character. With the present model we are in an inter-
mediate realm where the dynamics of the ocean can
interact with a simple atmosphere. Climate drift away
from a steady state has not been observed in the zonally
averaged model of the Pacific-Atlantic basin system
(SW1; SW2), although in rare cases intermittent con-
vection has occurred. However, the present three-basin
model has shown climate drift with dramatic conse-
quences for the global thermohaline circulation. This
occurs only for certain values of the model parameters.
This qualitative difference is likely due to the different
surface forcing profiles (analytical in SW1, SW2) and
the larger horizontal diffusivities (K = 10* m?s™})
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used in the earlier studies. Consequently, the steady
states of the model were generally less sensitive to per-
turbations (see also section 4b). The closer a steady
state is to a transition point between two stable equi-
libria (e.g., SW2), the weaker its stability is to pertur-
bations, and the more likely it is that intermittent con-
vection will cause an irreversible climate drift.

Three experiments, Al, A2, and B, are performed
with the ocean model spun up from rest under restoring
boundary conditions (6) without wind stress for 4000
years and then coupled to the atmosphere for 2000
years with nz = 0. We select Ky = 10> m*s™', Ky
=0.5 X 10™*m?s™, and, for the restoring temperature
in the North Pacific, T* (Pacific, S0°N) = 6.1°C for
Al and A2, and 6.3°C for B. The cooler restoring tem-
perature produces intermittent convection in the North
Pacific, reaching to 100-m depth about every tenth time
step in the runs A1 and A2. Decreasing the buoyancy
flux in B by slightly increasing 7* (Pacific, 50°N) re-
moves this intermittent convection. Thus, under re-
storing boundary conditions, the surface balances of
heat and salt in experiment B decrease monotonically
toward zero, while for Al and A2 the state is only sta-
tistically steady. This is shown in Fig. 9a, where the
time series of SSS at the highest northern latitude for
each basin (P-, A-, I-solid ) and of FO* (solid ) integrated
over all basins are given. In A1 (top) the instantaneous
values of F°* and Q¥ at 4000 years are diagnosed and
used to initialize the coupled run, whereas for A2
(middle) we took the time average of these fluxes over
the preceding 500 years. In B (bottom) no intermittent
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convection was present, and the instantaneous surface
fluxes were diagnosed at the time of coupling.

In experiment A1l the Pacific SSS starts increasing
immediately after coupling, and the Pacific has become
saltier than the Atlantic after about 1000 years. The
evolution of the maximum (solid) and minimum
(dashed) streamfunction in the Pacific and Atlantic is
given in Fig. 9b. During these experiments, the Indian
Ocean overturning never changes substantially and is
thus not shown here. Upwelling in the Pacific (along
with downwelling in the Southern Ocean) gradually
diminishes, while deep water starts to form in the North
Pacific. The Atlantic thermohaline circulation under-
goes transient fluctuations lasting about 400 years but
remains essentially in the same state. The climate drift
in this model is consistent with the drift observed in
the three-dimensional model of Manabe and Stouffer
(1988). Our final steady state shows deep-water for-
mation in both the North Pacific and North Atlantic
and corresponds to the “Northern Sinking” state of
Marotzke and Willebrand (1991).

The same experiment is repeated in A2 except that
we now use time-averaged fluxes to diagnose the at-
mospheric parameters at the time of coupling. Al-
though this initially has a stabilizing effect, after about
1300 years the transition begins, and the Pacific ther-
mohaline circulation reverses. The evolution is some-
what different from A 1: F°* decreases about 200 years
previous to the increase of SSS in the North Pacific
and the beginning of deep-water formation. It appears
that the sinking in the Pacific section of the Southern
Ocean diminishes first with a subsequent reduction of
heat release to the atmosphere. This reduces the supply
of dense water flowing north in the deep Pacific but
also extends the residence time of the surface waters
in equatorial regions. Note that because 5z = 0 the net
surface freshwater flux remains unchanged in the cou-
pled mode, and the surface waters become more saline
in equatorial regions. It takes the northward surface
flow in the Pacific (north of 5°N) about 150 years to
carry this positive salinity anomaly to 50°N where
deep-water formation is subsequently triggered. This
explains the lag observed in Fig. 9b.

Long-term climate studies are thus not possible un-
der such circumstances. For the present experiments
we chose 7z = 0 so as not to induce instabilities by
interbasin exchange of freshwater through the atmo-
sphere. The effects seen here must thus be linked to
local conditions in the ocean. If intermittent convection
is present, the surface fields in these areas cannot con-
verge to the accuracy required for a stable steady state
in the model. This can modify the stability of a given
circulation. It must be mentioned in this context that
similar mode transitions were observed even without
intermittent convection, when the spinup time was not
long enough for the salinity fields to converge.

In experiment B intermittent convection is removed
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from the outset. This is achieved by slightly modifying
the surface forcing in the northernmost box of the Pa-
cific basin (increase of the restoring temperature by
0.2°C). The model now converges monotonically to
a steady state as is seen in the decrease of the surface-
integrated ocean-to-atmosphere heat flux in Fig. 9a
(bottom). At 4000 years the instantaneous fluxes are
diagnosed, and integration continues in the coupled
mode. No transitions are observed and the state is
steady. This is further confirmed by a subsequent in-
tegration for another 12 000 years. Two different pro-
cedures can thus prevent immediate climate drift in
the present model. Time averaging before diagnosing
the surface fluxes stabilizes the mode but is unable to
avoid an eventual transition. With the removal of in-
termittent convection, however, the state has become
stable to finite salinity perturbations. This was checked
by adding positive salinity anomalies to the North Pa-
cific, the region that is most sensitive to such pertur-
bations.

4. Deglaciation experiments
a. Various steady states of the coupled model

Box models (Marotzke 1990) suggest that there are
many possible steady states of the global thermohaline
circulation, but we have found only four different
equilibrium states in our model. They can be charac-
terized according to their thermohaline climate in the
different ocean basins. The circulation in the Indian
Ocean was never observed to change direction for the
present runs. This is due to the fact that the basin ex-
tends only to 20°N, where the temperature effect is
always dominating, and thus upwelling prevails. Figure
10 shows three equilibrium states that can exist under
identical boundary conditions. The conveyor-belt cir-
culation always results when spinning up the ocean
model under present-day surface forcing (Fig. 10a).
The state does not exhibit further transitions, neither
under mixed boundary conditions nor in the coupled
mode, provided no intermittent convection is present.
Figure 10b shows a state in which the Atlantic circu-
lation has reversed and deep water is produced only in
the Southern Ocean (termed “Southern Sinking” by
Marotzke and Willebrand 1991). This state was also
reported in SW1 and formed, together with the con-
veyor-belt circulation, a hysteresis behavior as a func-
tion of the atmospheric Atlantic-to-Pacific freshwater
transport (SW2). It will be shown below that the re-
versed conveyor belt (Fig. 10c) can also be realized in
the coupled model as an equilibrium state under iden-
tical boundary conditions. The fourth state (not shown)
was observed only when intermittent convection in the
Pacific caused a climate drift: deep water is formed in
both North Pacific and North Atlantic.
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FIG. 9a. Evolution of sea surface salinity in the northernmost grid boxes of the Pacific (P-
solid), the Atlantic (A-solid), and the Indian (I-solid) oceans and the globally integrated heat
flux FOA in petawatts (solid). Restoring boundary conditions are applied in the ocean-only mode
until 4000 years at which time the surface fluxes are diagnosed instantaneously (for experiment
Al and B) or averaged over the last 500 years (for experiment A2), and integration continues in
the coupled mode. In experiments A1 (top) and A2 (middle), intermittent convection is present
in the North Pacific as evident from FO*, This causes upon coupling a transition to a state where
deep water is forming in both North Pacific and North Atlantic. In experiment B (bottom),
intermittent convection is removed by slightly increasing the restoring temperature at the location
of intermittent convection, and the state remains steady in the coupled mode.

These four equilibrium states are consistent with the
four states presented by Marotzke and Willebrand
(1991). They used the three-dimensional Bryan-Cox
OGCM in a highly symmetric geometry with two iden-
tical basins that are connected by a circumpolar chan-
nel. Their surface forcing was identical for both basins

and symmetric about the equator, and hence the pres-
ent-day conveyor belt was not a preferred state of the
model as is the case here. The important point is that
the zonally averaged model again produces results that
are in agreement with a more complex three-dimen-
sional OGCM.
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F1G. 9b. As in Fig, 9a but for the maximum (solid) and minimum (dashed ) streamfunction in
the Pacific and Atlantic; no significant changes occur in the Indian Ocean.

The first two of the three states in Fig. 10 have most
likely been operating in our climate system at different
times. Over the past several thousand years, the World
Ocean has not exhibited fundamental changes such as
the global-scale reversals of the thermohaline circula-
tion shown here. Present-day observations (Gordon
1986) and three-dimensional model results (Maier-
Reimer and Mikolajewicz 1989) indicate that the ocean
is in the conveyor-belt mode. There is evidence from

geochemical analyses of deep-sea cores that during the
glacial maximum (18 000 BP), vertical mixing and
deep-water formation in the North Atlantic were re-
duced (Boyle and Keigwin 1987). Duplessy et al.
(1988) reconstruct a latitude—depth section of a carbon
isotope ratio and find that southern Ocean deep water
was penetrating farther north than today in the Atlantic
during the glacial. Additionally, intermediate water
formation in the North Pacific was enhanced. The state
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F1G. 10. Three states of the Pacific and Atlantic thermohaline circulation after 1000 years of anomalous runoff into the North Atlantic:
(a: top row) is the slightly perturbed conveyor belt. In (b: middle row) the Atlantic circulation has reversed with somewhat increased
intermediate water formation in the North Pacific (termed Southern Sinking), and (c: botiom row) shows the reversed conveyor belt. The
Indian Ocean circulation does not change significantly and remains as in Fig. 2a.
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of Fig. 10b is consistent with a number of these inter-
pretations. It is tempting to speculate about whether
or not the World Ocean was operating in the third
mode (Fig. 10c) at some time in the past. However, it
is only through the analysis of paleoclimatic proxy rec-
ords from regions influenced by the Pacific Ocean, that
this question will be resolved.

A strong motivation to consider a coupled model is
that under the full flux boundary conditions (20) the
sea surface temperatures in all basins are free to evolve.
Figure 11a shows the surface air temperature 7, and
the ocean-atmosphere temperature contrast (SST-7,4)
for the conveyor-belt circulation in Fig. 10a. The North
Atlantic Ocean is about 7°C warmer and the North
Pacific is about 2°C cooler than the overlying atmo-
sphere. Except for the Indian Ocean, the equatorial
waters are cooler than the atmosphere. The comparison
between the “Southern Sinking” state (Fig. 10b) and
the conveyor belt is illustrated in Fig. 11b by the tem-
perature differences 7'Sovthern Sinking]_qlconveyor] 554
(SST—TA )[Southern Sinking]_( SST- TA )[conveyor]. The At-
lantic SST is about 4°C cooler in the “Southern Sink-
ing” mode, resulting in a global temperature change
in the atmosphere of maximum 2.6°C at 70°N. In the
Southern Hemisphere a warming is experienced.
Changes to the SST in the Pacific and Indian oceans
do not exceed 0.25°C. The temperature differences be-
tween the reversed (Fig. 10c) and the present-day con-
veyor belt are displayed in Fig. 1 1¢. Now the Northern
Hemisphere is cooling only north of 60°N, reflecting
the fact that the loss of heat supply in the Atlantic is
compensated by the gain in the Pacific. The reversal
of the thermohaline circulation in the Pacific is also
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FIG. 11a. Surface air temperature (solid) and the temperature
contrast between the ocean and the atmosphere in the three basins
(A-, P-, and I-solid) for the conveyor belt in Fig. 10a. The model
reproduces the warm North Atlantic and the cool North Pacific SST.
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responsible for the general cooling in the Southern
Hemisphere.
b. Sensitivity to runoff into the Atlantic

Denton and Hughes (1981) estimated that during
the termination of the last ice age, about 30 X 10 km?-
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FIG. 11c. As Fig. 11b but for the reversed conveyor belt (Fig. 10c).
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ice melted in the Northern Hemisphere. A large portion
of this excess water reached the Atlantic Ocean through
runoff. It is thus a relevant experiment to study the
sensitivity of the model’s thermohaline circulation to
such an anomalous freshwater flux. Maier-Reimer and
Mikolajewicz (1989) examined the sensitivity of their
OGCM to freshwater fluxes applied to the North At-
lantic and found that deep-water formation could be
switched off with an anomaly of only 0.01 Sv. We have
done similar experiments with a two-basin ocean-only
version of the present model, using analytic forms for
the surface forcing (SW1), and found a reduced sen-
sitivity: perturbations had to exceed 0.06 Sv to cause
a reversal of the Atlantic circulation.

In the following deglaciation experiments six cases
are considered: two values of the horizontal and vertical
diffusivity each without wind stress and ep = ¢4 = 1
(experiments 1-4), and for K, and Kj; as in experiment
4, but with wind stress we took eg = 1 (experiment
41) and ¢o = 0.96 (experiment 42), respectively; a
summary is given in Table 3. The six initial states are
produced by spinning up from rest under restoring
boundary conditions (ocean only). At steady state the
atmospheric parameters are determined and the model
components are coupled. For each of these six states,
30 runs were performed in the coupled mode to de-
termine the response to different amounts (0.02 Sv to
0.1 Sv) of freshwater discharged at S0°N into the At-
lantic for 1000 years. The zonality parameter 7, de-
scribing the distribution of excess precipitation was
varied independently from 0 (local distribution) to 1
(zonal distribution). _

The state of the global thermohaline circulation at
the end of the six experiments is displayed in Fig. 12,
where the white areas indicate the conveyor belt (Fig.
10a), the dark shading corresponds to the state of Fig.
10b (Southern Sinking), and the coarse shading stands
for the reverse conveyor belt (Fig. 10c). It is evident
that the occurrence of a transition is governed primarily
by the magnitude of the flux, whereas the eventual state
of the system depends strongly on the zonality 7. The
results are consistent with the previous studies (SW1;
SW2) in that for 5, = 0 only Southern Sinking occurs.
However, the sensitivity of the present model is gen-
erally increased, and transitions can be triggered in

TABLE 3. Summary of deglaciation experiments.

KH Ky Wind €o = €4

Experiment Figure (m?s7!) (m?s7") stress =1
1 12a 2x10° 0.5%x10™* no yes

2 126 2x10° 10~ no yes

3 12¢ 10° 0.5x 107 no yes

4 12d 10° 10~ no yes

41 12¢ 10° 1074 . yes yes

42 12f 10° 1074 yes no
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cases with only 0.02 Sv. For some parameter values
we have continued integration with the flux anomaly
switched off and found that most states did not undergo
further transitions. (Some Southern Sinking states in
parameter space close to the reversed conveyor belt
eventually converged to the latter mode.) This dem-
onstrates, depending on the choice of 5z, that at least
three different steady states may exist under identical
boundary conditions.

Decreasing vertical diffusivity has only a minor in-
fluence on the stability of the conveyor belt but reduces
the effects on the Pacific: reversals of the Pacific cir-
culation occur less frequently. Decreasing horizontal
diffusivity appears to increase stability of the global
conveyor belt. If wind stress is absent (Figs. 12a-d),
the reversed conveyor belt only occurs if the zonal re-
distribution of water by the atmosphere is large. In-
cluding wind stress, the reversed conveyor belt can be
established for relatively small values of 5 increasing
the sensitivity of the Pacific circulation (Fig. 12e,f).
However, overall sensitivity of the global conveyor belt
is decreased by wind stress (Figs. 12d,e), but the re-
versed conveyor belt becomes predominant already for
weak zonality of precipitation. A stabilizing effect is
found when we select the more realistic parameteriza-
tion for the upwelling and downwelling longwave ra-
diation at the ocean surface (Fig. 12f).

The case nz # 0 allows a feedback mechanism to
operate that eventually triggers the reversal of the Pa-
cific thermohaline circulation necessary to establish the
reversed conveyor belt. The anomalous freshwater in-
put to the North Atlantic tends to stabilize the water
column and slows down deep-water formation. Con-
sequently, less heat is transported meridionally into
the North Atlantic, causing a decrease of the SST there.
According to the SST dependence of the evaporation
given by (18), E is reduced in the North Atlantic, which
requires an equal reduction of precipitation P due to
the parameterization (22). A reduction of P also occurs
in the North Pacific, provided nz > 0. This mechanism
tends to diminish stability in the North Pacific and can
lead to a reversal of the Pacific thermohaline circula-
tion.

Figure 12 suggests that within the range of the tested
parameters no qualitative changes of the stability of
the conveyor belt result. However, quantitative details
are influenced, and the atmospheric branch of the hy-
drological cycle (here very crudely summarized in the
parameter 7, ) determines to which mode of operation
the ocean will adjust for a given perturbation. It is thus
important for future models of lower complexity to
include also a water vapor budget in the atmosphere
so as to avoid ad hoc parameterizations of these pro-
cesses.

5. Conclusions

We have developed a latitude—depth climate model
by coupling the three-basin ocean model of WS2 to a
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FI1G. 12. State of the global thermohaline circulation after 1000 years of anomalous runoff into the North Atlantic as a function of the
freshwater flux released at S0°N into the Atlantic and the zonality of the precipitation parameterization (22). The parameters for the six
experiments in panels (a) to (f) are given in Table 3. The white area indicates the conveyor belt, the dark shading shows the state where
the Atlantic thermohaline circulation is reversed (Southern Sinking), and the coarse shading marks the reversed conveyor belt.
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zonally averaged energy balance model of the atmo-
sphere. The parameterizations accounting for air-sea
exchange and atmospheric processes are kept to a min-
imum number and provide a self-consistent frame-
work. Parameter values are determined objectively us-
ing the steady state of the ocean model (as spun up
using observed surface data) and necessary observa-
tional data from the atmosphere. The coupled model
is thus tuned to represent the present-day climate. This
tuning does not influence the ocean component, and
a coupled state is obtained that is in satisfactory agree-
ment with observations in both the ocean and the at-
mosphere. Latitude-depth fields of temperature and
salinity, depth-integrated meridional heat fluxes, and
the divergence of the ocean-to-atmosphere heat and
freshwater fluxes are in agreement with the data. The
present-day climate is characterized by deep-water for-
mation in the North Atlantic and the Southern Ocean
and broad upwelling in the Pacific and Indian oceans.

In coupling the ocean model to an energy balance
model, full-flux boundary conditions for both heat and
freshwater exchanges between ocean and atmosphere
are applied. In the present paper, no dynamics nor a
separate water vapor budget are considered for the at-
mosphere. It is thus necessary to parameterize the spa-
tial distribution of precipitation changes. We assume
that the local rate of change of precipitation is due to
a specified combination of local and zonal rates of
change of evaporation.

In some cases a climate drift of the coupled model
is evident as a gradual increase of North Pacific SSS
and an eventual reversal of the Pacific thermohaline
circulation. This transient behavior is in qualitative
agreement with the results of a three-dimensional
AOGCM (Manabe and Stouffer 1988). In the present
model, we link this climate drift to intermittent con-
vection present in the North Pacific. By time averaging
the ocean-to-atmosphere fluxes before coupling, an
immediate drift can be delayed for about 1000 years.
It is possible to remove intermittent convection and
subsequent climate drift completely if the buoyancy
flux is decreased locally by a slight amount.

We find four different steady-state climates of the
coupled model under identical boundary conditions.
The states are again consistent with results from a three-
dimensional OGCM. Under present-day forcing, the
global conveyor belt is always established. Freshwater
anomalies discharged into the North Atlantic can trig-
ger transitions to two other equilibria: to the Southern
Sinking, where only the Atlantic thermohaline circu-
lation is reversed, or to the reversed conveyor, for which
the circulation in the Pacific and Atlantic is reversed.

The fourth equilibrium, Northern Sinking (deep-water

formation in both Pacific and Atlantic), is only ob-
served as a result of climate drift. The qualitative sen-
sitivity of the present-day climate in our model is little
influenced by the presence of wind stress, different val-
ues of oceanic diffusivities, different longwave radia-
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tion, and precipitation parameterizations. However, the
zonality of precipitation determines to which final
steady state (Southern Sinking or reversed conveyor)
the model will go, once a transition is initiated. This
suggests that a realistic formulation of the hydrological
cycle will be one of the priorities of future model de-
velopment.

The ability of the model to simulate the present-day
climate and its consistency with the results (both steady
state and transient) from more complex, three-dimen-
sional models are encouraging and suggest that the
present model can be used as an efficient tool to sys-
tematically investigate various processes on long time
scales in the climate system.
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